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ABSTRACT  

 

Iron (Fe) is required for many biogeochemical processes, with Fe bioavailability and chemistry 

being controlled by redox reactions that transform Fe between oxidation states and dissolved and 

particulate phases. In oxic seawater, Fe is present in the Fe(III) oxidation state, mainly as Fe 

oxyhydroxides. Under anoxic marine conditions, such as margin sediments under oxygen 

minimum zones or restricted basins with anoxic bottom water, Fe(III) is reduced to Fe(II), which 

is highly soluble and can be present at high concentrations ([Fe]). Fe isotope ratios (δ56Fe relative 

to IRMM-14) can be used to characterize Fe redox transformations, constrain Fe sources of Fe to 

the ocean, and understand Fe biogeochemical cycling. In addition, Fe isotopes recorded in 

Precambrian sediments may aid in tracking the oxygenation of the Earth. A time series of dissolved 

[Fe] and δ56Fe was measured in Saanich Inlet, a fjord with seasonally restricted bottom water 

circulation and a redox gradient between oxic and anoxic water which is disrupted during annual 

renewal events. Results show a consistent δ56Fe of approximately -0.3‰ throughout the water 

column in the renewal season (Oct- Nov 2016) with layers of remnant older water containing high 

[Fe] and light δ56Fe. During the rest of the time series (Dec 2017- Apr 2017), a strong stratification 

develops, separating an oxic, Fe-depleted surface layer ([Fe]= 5-30 nmol kg-1; δ56Fe ≈ -0.3‰) 

which overlays an anoxic and sulfidic layer with high [Fe] and light δ56Fe ([Fe]= 30-500 nmol kg-

1; δ56Fe ≈ -1‰). Below this, a slight increase in δ56Fe with depth may be linked to Fe-sulfide 

interactions. Stratified profiles show a consistent increase in δ56Fe from anoxic to oxic water, likely 

corresponding with oxidative precipitation, consistent with a dominance of kinetic effects during 



 vii 

the precipitation of Fe(III) minerals. This work supports the need to consider both kinetic and 

equilibrium fractionations in order to accurately interpret ‘paleo’ Fe isotope records when 

considering the early redox evolution of the Earth’s oceans. 
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CHAPTER ONE: INTRODUCTION 

 

1.1 Fe Abundance, Chemistry, and Importance 

Iron (Fe) is one of the most abundant elements on Earth, accounting for approximately one-

third of the planet’s composition by mass (Morgan & Anders, 1980) and 6% of the crust, where it 

is the fourth most abundant element (Frey & Reed, 2012). Despite this abundance, dissolved Fe 

(dFe) is typically present at very low concentrations ([Fe] < 1 nmol kg-1) in the ocean (Landing & 

Bruland, 1987; Schlitzer, 2021) due to the low solubility of Fe(III) (< 0.1 nmol kg-1) in oxic 

seawater near pH 8 (Byrne & Kester, 1976; Liu & Millero, 2002), and removal from the water 

column via biological uptake and scavenging by sinking particles (Johnson et al., 1997). Low [Fe] 

limit the use of Fe as a vital micronutrient in oceanic surface waters, as it is required for processes 

such as photosynthesis, respiration, nitrogen fixation, and chlorophyll synthesis (Twining & 

Baines, 2013; van Noort & Wallace, 1965).  

Fe chemistry in marine 

environments is influenced by reduction and 

oxidation (redox) reactions between reduced 

(ferrous) Fe2+ or Fe(II) and oxidized (ferric) 

Fe3+ or Fe(III) oxidation states, via a gain or 

loss of electrons. In oxygenated seawater 

(pH ~8), Fe3+ is the thermodynamically 

stable form (Stumm & Morgan, 1995) and is 

Figure 1. pe/pH stability diagram assuming ferrihydrite as the 

ferric oxide phase. Redox potential (Eh) and electron activity (pe) 

on the y-axes  express the tendency of a species to be reduced or 

oxidized. At a given pe and pH (x-axis), the thermodynamiccally 

stable phase of Fe predominates (Drever, 1997).  



 2 

hydrolyzed to form insoluble ferric hydroxides (Fe(OH)3) (Fig. 1, pg. 1) (Drever, 1997; Hem & 

Cropper, 1962). The extent of the complexation of hydrolyzed metals (such as Fe) with hydroxide 

is strongly dependent on temperature and pH (Byrne et al., 1988). In addition, more than 99% of 

dFe3+ in seawater is thought to be complexed with natural organic ligands (Gledhill & van den 

Berg, 1994; Rue & Bruland, 1995) which increases the effective Fe(III) solubility near pH 8 (Kuma 

et al., 1996; Liu & Millero, 2002). However, in waters at low pH (< 5) and under reducing 

conditions (Eh < 0.3), the more soluble Fe(II) can be present at high concentrations (μ-mM) 

(Drever, 1997). Fe solubility is related to the different size fractions of Fe in seawater, which are 

operationally defined by passage through filter pores. These include particulate Fe (pFe > 0.2 μm), 

dissolved Fe (dFe < 0.2 μm), soluble Fe (sFe <0.02 μm), and colloidal Fe (cFe = dFe – sFe or 0.02 

μm < cFe < 0.2 μm) (Fitzsimmons & Boyle, 2014).  

Under steady state, Fe residence time (the average length of time Fe remains in a reservoir, 

e.g., the ocean) is equal to the Fe inventory in the reservoir divided by the flux of Fe into or out of 

the reservoir (Eq. 1) (Black et al., 2020). Estimates of marine Fe residence times vary from 5 to 

more than 500 years in different observational studies and model outputs depending on the Fe 

sources included in calculations of residence time (Tagliabue et al., 2016). Residence time also 

depends on the speciation and form of dissolved Fe, whether as free ions (Fe2+ or Fe3+), organically 

complexed, or colloidal. The most recent estimates have calculated Fe residence time to between 

10 and 100 days for Fe in the upper 250 m of the water column (Black et al., 2020). 

 (1)        

In remote regions of the surface ocean (away from sources), the short residence time and 

low solubility limit of Fe means that [Fe] are often less than 0.1 nmol kg-1, which can limit 

phytoplankton growth in surface ocean regions otherwise rich in macronutrients (phosphate, 
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nitrate, and silicate) (Martin & Fitzwater, 1988). These regions are termed high-nutrient low-

chlorophyll (HNLC) regions, make up ~30% of the global surface ocean, and are found in the 

eastern equatorial Pacific, subarctic North Pacific, and the Southern Ocean. (Kohfeld & Ridgwell, 

2009; Tyrrell et al., 2005; Watson et al., 2000). Early Fe addition experiments in HNLC areas led 

John Martin to develop his “Iron Hypothesis”, which sought to explain the regular 80-100 ppmv 

fluctuations in atmospheric carbon dioxide levels (pCO2) on glacial-interglacial cycles (~100,000 

years) through enhanced carbon uptake and export due to a relief of oceanic Fe deficiency in 

HNLC regions caused by elevated dust supply during glacial periods (Martin, 1990; Sigman & 

Boyle, 2000). More recently, other processes have been invoked as more important in driving 

glacial-interglacial shifts in pCO2 (R. Anderson et al., 2009; Kohfeld & Ridgwell, 2009; Sigman 

et al., 2010). However, studies still suggest a role for changes in the delivery of Fe-bearing dust in 

influencing pCO2 on both glacial and millennial timescales, as evidenced by the correlation 

between changes in nitrate consumption and fluxes in Fe burial and productivity proxies in marine 

sediments (Martínez-García et al., 2014; Röthlisberger et al., 2004; Ziegler et al., 2013). Such 

studies demonstrate the utility of Fe in understanding large-scale changes in the ocean-atmosphere 

system throughout Earth’s history, but this level of understanding was not reached without 

overcoming obstacles preventing accurate Fe measurement. 

 

1.2 Measurement of Dissolved Fe in Seawater 

Given the low [Fe] in seawater and ubiquity on ships and in lab environments, Fe was 

difficult to measure without contaminating samples prior to the development of clean sampling 

and analytical techniques in the 1970s, which allowed for the precise and accurate measurements 

of trace metals in seawater (Bruland et al., 1979; Patterson & Settle, 1976). The 1970s 



 4 

Geochemical Ocean Sections Study (GEOSECS) was a transformative early effort in the field of 

chemical oceanography to characterize global marine biogeochemical cycles through study of the 

distribution of “chemical, isotopic, and radiochemical tracers in the sea” (Broecker & Peng, 1982), 

but the limitations of the time meant that it was not possible to measure most trace metals 

accurately (Middag et al., 2023). Additional advances in clean techniques and sample handling led 

to the first reliable measurements of cadmium (Cd) and zinc (Zn) in the late 1970s, followed by 

Fe in the 1980s (Boyle et al., 1976; Bruland et al., 1978; Gordon et al., 1982; Landing & Bruland, 

1987). These early studies revealed low [Fe] in surface waters (< 0.1 nmol kg-1), greater [Fe] at 

depth (0.5-1 nmol kg-1), and higher [Fe] in low-oxygen waters (up to 6.6 nmol kg-1) (Landing & 

Bruland, 1987; Martin, 1990). By 1997, Fe was considered a ‘hybrid’ type element, with its 

distribution dominated by surface Fe addition from dust, biological uptake and regeneration, 

scavenging, and buffering from a ‘constant’ ligand concentration at depth (K. Johnson et al., 1997; 

Sedwick et al., 2005). 

Early Fe studies greatly transformed our understanding of marine Fe distributions, yet, by 

the early 2000s, only 25 profiles of dFe were measured to 2,000 m throughout the ocean, leaving 

many questions on Fe and its biogeochemical cycling unanswered (R. Anderson et al., 2014). More 

recently, the need to accelerate research on trace metals and paleoceanographic geochemical 

proxies became evident, leading to the establishment of the international GEOTRACES program, 

which was inspired by GEOSECS, and had the purpose of quantifying fluxes of trace elements 

and their isotopes (TEIs) at ocean boundaries and identifying processes that redistribute TEIs 

throughout the global ocean (R. Anderson et al., 2014). GEOTRACES has led to a large expansion 

of TEI measurements, which has improved our understanding of the marine Fe cycle, especially 

the role of external sources of Fe such as sediments (Conway & Middag, In press). 
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1.3 Fe Sources   

One of the main goals of GEOTRACES is to elucidate the fluxes of TEIs at ocean interfaces 

with the atmosphere, freshwater, continental margins, and midocean ridges (R. Anderson, 2020). 

The first conceptual and numerical models of controls on [Fe] included the assumption that the 

main source of Fe to the ocean was the atmospheric transport of Fe-rich, terrigenous dust to surface 

water (K. Johnson et al., 1997). A large amount of desert dust (and thus Fe in mineral aerosols) 

originates in North African deserts (Ginoux et al., 2012), and is largely transported to and deposited 

in the North Atlantic Ocean, but can also reach North and South America and as far north as 

Scandinavia (Goudie & Middleton, 2001). Dust deposited in the Southern Ocean largely originates 

in South America and Australia (Albani et al., 2012), and the North Pacific receives Asian mineral 

dust originating in the deserts of Mongolia, Kazakhstan, and China (Tan et al., 2017). The 

atmospheric input of Fe mainly originates in the continental crust, but anthropogenic aerosols are 

increasingly being recognized as important Fe sources and include aerosols generated by fossil 

fuel and biomass burning and incinerator use (e.g. Luo et al., 2008; Mahowald et al., 2009).  

The GEOTRACES program has challenged the paradigm of the atmospheric flux as the 

dominant Fe source through additional Fe measurements that have improved the characterization 

of the marine Fe cycle and revealed the transfer of Fe between seawater and interfaces like marine 

sediments and hydrothermal vents (Tagliabue et al., 2014). Fe(III) oxide minerals in anoxic marine 

sediments undergo reductive dissolution (RD), producing a flux of dFe(II) that can be transported 

from sediments to the water column, thereby acting as a source of bioavailable Fe to the ocean 

(Elrod et al., 2004; Vosteen et al., 2022). Benthic fluxes of dFe show a strong relationship with 

oxidized organic carbon, and thus, marine sedimentary Fe fluxes are enhanced on highly 



 6 

productive continental margins (Elrod et al., 2004) and from sediments under oxygen-deficient 

bottom water (Severmann et al., 2010) as the resuspension of sediments mobilizes both dissolved 

and colloidal Fe to waters directly above sediments (Homoky et al., 2021). Subsequently, when 

upwelling water flows over resuspended Fe-rich sediments, Fe-rich water is upwelled to the 

surface, where it can fuel the high productivity often observed in upwelling systems (K. Johnson 

et al., 1999). While marine sediments (especially those low in oxygen) were recognized as an 

importance Fe source in early studies of the Fe cycle (K. Johnson et al., 1999; Landing & Bruland, 

1987), it was not until the GEOTRACES era when ocean sections were able to show long distance 

transport of Fe from sediment margins into the open ocean (Conway & John, 2014; Schlitzer, 

2021). 

Marine sediments are 

transformed through diagenesis, 

which refers to physical and 

chemical processes that transform 

marine sediments into sedimentary 

rock. Changes occurring from the 

sediment-water interface to depths 

of a few hundred meters (where 

sediment pore spaces are 

continuously filled with water) are 

considered “early diagenesis”, which includes the process of microbial oxidation of organic matter 

(Berner, 1980). Microbial oxidation of organic matter proceeds through a sequence of coupled 

redox reactions which utilize oxidants as terminal electron acceptors (Fig. 2) (McKinney & 

Figure 2. The classic redox sequence of electron acceptors. Left- the depth 

distribution of electron acceptors and corresponding respiration processes 

used in sedimentary organic matter oxidation. Right- chemical zones which 

accompany processes on the left (Canfield and Thamdrup, 2009). 
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Conway, 1957). With increasing depth through the sediment column, organic matter (the reductant) 

is consumed in a specific order of electron acceptors based on the thermodynamics of the processes 

and the energy yielded to organisms in the order of: aerobic respiration (oxygen = O2), nitrate 

(NO3
-), manganese (Mn), Fe, and sulfate (SO4

3-) reduction, and methanogenesis (Canfield & 

Thamdrup, 2009; Froelich et al., 1979; Roberts, 2015). Fe reduction during organic matter 

oxidation can generate large concentrations of dFe(II) (µ-mmol kg-1) in low-oxygen sediments, 

which can escape to overlying water (especially in oxygen-depleted water) (Severmann et al., 

2006; Homoky et al., 2011). The enrichment of reduced and soluble Fe(II) in sediment porewater 

and bottom water is driven by dissimilatory iron reduction (DIR) by bacteria (or reductive 

dissolution=RD) (Homoky et al., 2009) which involves the microbial reduction of the Fe(III) 

minerals buried in sediments below the redox boundary (Reyes et al., 2016). RD is coupled with 

organic carbon oxidation, and as such, is observed in shallow porewaters in sediments where 

organic carbon fluxes and oxygen consumption are high (Rapp et al., 2020). While RD is thought 

to dominate as an Fe production mechanism on shallow shelves where total organic carbon (TOC) 

accumulation is high and oxygen is low, non-reductive dissolution (NRD, or colloid production 

from the weathering of lithogenic material) has been suggested to drive sedimentary Fe(III) release 

in oxic sediments in the deep ocean (Homoky et al., 2021). Horizontal advection from sediments 

in shelf and slope settings can also provide both dissolved Fe(II), colloidal Fe(III) (Sanial et al., 

2018), and particulate Fe (Lam et al., 2018) to the water column. The production of dissolved Fe2+ 

on shelves/slopes, the advection of this Fe(II) through low oxygen regions, and the eventual 

diffusion upward and precipitation of particulate Fe (which returns to deep sediments) is known 

as the “shelf to basin shuttle” (e.g., the Black Sea (Severmann et al., 2008)). 
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TEI exchange also occurs in hydrothermal settings as seawater percolates through the 

ocean crust along the 60,000 km submarine volcanic mountain range that is the MOR system 

(Toner et al., 2012). In hydrothermal settings, seawater is heated, becomes buoyant upon exceeding 

400C, rises to the seafloor as vent fluids, and is discharged back into the ocean as hydrothermal 

‘plumes’. Vent fluids and hydrothermal plumes can be enriched or depleted in certain elements 

relative to ambient seawater (Holland & Turekian, 2011). For example, [Fe] in vent fluids are 

typically on the mol kg-1 level (Schmidt et al., 2017), with lower [Fe] of approximately 50-150 

nmol kg-1 measured in plumes above vent sites (Conway and John, 2014; Jenkins et al., 2020; 

Wang et al., 2023). Hydrothermal Fe inputs were previously thought to be quantitatively 

precipitated from vent fluids and deposited on the seafloor soon after being discharged, and thus 

were considered a negligible source of Fe, but more recent investigations have demonstrated that 

hydrothermal Fe can travel thousands of kilometers from its vent source (Conway & John, 2014; 

Fitzsimmons et al., 2014; Resing et al., 2015; Saito et al., 2013). This is the result of the 

stabilization of hydrothermal Fe by organic ligands, which may sustain a significant flux of Fe to 

the deep ocean, as described by the Leaky Vent Hypothesis (Fitzsimmons et al., 2016; Toner et al., 

2012). Large [dFe] anomalies associated with hydrothermal venting have now been observed in 

the Atlantic (Conway and John, 2014; Hatta et al., 2015; Saito et al., 2013), Pacific (Boyle et al., 

2005; J. Wu et al., 2011; Resing et al., 2015; Fitzsimmons et al., 2014; 2017), Southern (Klunder 

et al., 2011), Indian (Moffett & German, 2020; Nishioka et al., 2013), and Arctic (Klunder et al., 

2012; Rijkenberg et al., 2018), ocean basins, largely as part of GEOTRACES surveys. 

Fe can also enter the ocean via riverine inputs. The dissolved products of the continental 

weathering of silicate rocks enter rivers, and subsequently the ocean, where coastal surface waters 

can have 3-5 orders of magnitude greater [Fe] (μ-mmol kg-1) compared to the open ocean 
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(Gaillardet et al., 2013; Krachler et al., 2005; Wetz et al., 2006). However, rivers are thought to 

only account for around 3% of the Fe delivered to the ocean annually (Raiswell & Canfield, 2012) 

due to Fe removal in estuaries (Boyle et al., 1974). In estuaries, colloidal Fe oxyhydroxides form 

as river water mixes with seawater and subsequently coagulate into large particles that settle out 

of solution in a process known as flocculation. Up to 95% of Fe can be removed from solution in 

the estuarine mixing zone (Boyle et al., 1977; Nowostawska et al., 2008), therefore, most of the 

dissolved river input of Fe becomes trapped within estuaries and is not a significant source of 

bioavailable Fe to the ocean. Exceptions to this include the Congo River, which provides a large 

offshore Fe flux more than 1,000 km from the river’s outflow, which may influence phytoplankton 

production in the South Atlantic Gyre (Vieira et al., 2020). Similarly, the Amazon River delivers a 

large quantity of metals in river water, including approximately 34 x 106 tons of Fe (Poitrasson et 

al., 2014), with dissolved [Fe] reaching 25x levels normally present in the western tropical Atlantic 

(even after flocculation in estuaries) (Subramaniam et al., 2008). Similarly, TEI cycling in the 

Arctic is strongly influenced by Arctic river inputs (Charette et al., 2020). 

Fe can also be released from glaciers, which occurs with loss during downstream transport, 

likely due to precipitation of Fe oxyhydroxides (Zhang et al., 2015). Additionally, the direct 

injection of Fe from melting ice as basal melt driven overturning circulation within ice shelf 

cavities transports deep Fe to the surface, known as the ‘meltwater pump’ (Dinniman et al., 2020). 

Recently, the addition of Fe in basal melting has been found to be smaller than previously thought, 

with much reworking and processing of dissolved Fe within ice-cavities (Tian et al., 2023). 

Furthermore, icebergs can accumulate dust aerosols or sediments from continental shelves as they 

drift, which can contribute bioavailable Fe once icebergs are transported to remote polar regions 

(Raiswell et al., 2006, 2008; K. L. Smith et al., 2007). In some areas, such as Antarctic shelves, 
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coastal polynyas (areas of open water that would normally be expected to be ice covered) have 

higher productivity than nearby ice-covered waters (Arrigo & van Dijken, 2003; Arrigo et al., 

2008), likely due to continental shelf waters enriched in Fe from sediments (Fitzwater et al., 2000). 

Fe has also been shown to be transported long distances into the open Southern Ocean from the 

Antarctic Peninsula and Weddell Seas, where it may influence primary productivity (Sieber et al., 

2021).  

Undoubtedly, Fe in marine environments originates from a variety of settings and 

undergoes diverse physical and chemical transformations with transit to and throughout the ocean. 

Thus, the study of Fe in seawater requires a keen understanding of the differences in Fe chemistry 

between different Fe sources and sinks, which can be improved through the study of isotopic 

abundances. 

 

1.4 Stable Fe Isotopes  

To distinguish between different Fe sources and better understand Fe biogeochemical 

cycling, we measure the four stable isotopes of Fe (with respective abundances): 54Fe (5.80%), 

56Fe (91.72%), 57Fe (2.20%), and 58Fe (0.28%) which show mass-dependent isotopic variations in 

nature (Conway et al., 2013; Poitrasson, 2011). Isotopic data are typically reported in “delta 

notation” as a ratio of the two most abundant Fe isotopes (56Fe and 54Fe) in a sample relative to 

the same ratio in a standard (IRMM-14), expressed in parts per thousand or per mil (‰) (Eq. 2, 

pg. 11) (C. Johnson et al., 2020). Most stable Fe isotope literature is reported relative to the IRMM-

14 standard, therefore, on the IRMM-14 scale, the δ56Fe value of the average of igneous rocks 

(which is approximately equal to that of the upper continental crust) is +0.09‰ (Beard et al., 2003; 

C. Johnson et al., 2020). 56Fe greater than +0.09‰ is isotopically heavy and contains more of the 
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heavy isotope (56Fe) than the crust, and 56Fe less than +0.09‰ is isotopically light and contains 

more of the light isotope (54Fe) than the crust (Fitzsimmons & Conway, 2023). 

                          (2) 

 

Low-temperature geochemical and biological processes are known to drive the 

fractionation of Fe isotope ratios, with a range of ~8-9‰ (Fig 3;(C. Johnson et al., 2020; Wang et 

al., 2023)). As with all stable isotope systems, fractionation can be driven by equilibrium or kinetic 

processes. Equilibrium fractionation involves the redistribution of isotopes among different 

compounds when a reaction is at 

equilibrium (the forward and reverse 

reaction rates are the same), and 

results in the preferential 

accumulation of the heavier isotope in 

the compound with a higher oxidation 

state (Kendall & Caldwell, 1998). The 

largest Fe isotope fractionation values 

are associated with redox reactions 

between Fe(II) and Fe(III) species. For 

example, the fractionation associated with the abiotic or bio-mediated oxidation of dFe2+ to dFe3+ 

is an equilibrium isotope fractionation, with an Fe isotope fractionation factor (Δ56Feproduct-reactant = 

δ56Feproduct – δ56Fereactant = δ56FeFe3+ - δ56FeFe2+) around +3‰, meaning dFe2+ is 3‰ lighter than 

dFe3+ in equilibrated solutions at 22C (C. Johnson et al., 2002; Welch et al., 2003). The magnitude 

of this fractionation can also depend on the specific Fe(III) mineral formed upon precipitation, 

Figure 3. Ranges for δ56Fe end-member signatures for Fe sources to the 

ocean (Conway and Fitzsimmons, 2023). 
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with equilibrium of dFe2+ with ferrihydrite being +3‰ at 25°C while goethite is only +1‰, even 

though both are Fe(III)oxides (Fitzsimmons & Conway, 2023; Wu et al., 2011). 

Following equilibrium redox fractionation, Fe isotopic composition can be modified by 

kinetic effects, which are often associated with fast or unidirectional processes (e.g., precipitation 

and photosynthesis), and result in light isotopes diffusing faster than heavier isotopes, and thus, 

products preferentially incorporating the light isotope relative to the reactant (Dauphas et al., 2017; 

Sharp, 2007). For example, rapid (24 hour) hematite (Fe2O3) precipitation from Fe(III) (as 

[FeIII(H2O)6]3+ results in a kinetic isotope fractionation of +1.32±0.12‰, with the precipitate 

preferentially incorporating light isotopes, whereas longer-term incubation experiments reduce the 

fractionation between Fe and hematite over time (Skulan et al., 2002). Similarly, a +1‰ 

fractionation reflecting kinetic isotope effects has been measured during the rapid abiotic oxidation 

and precipitation of dFe(II) to isotopically heavier ferrihydrite, leaving remnant dFe2+ isotopically 

lighter (Bullen et al., 2001). Additionally, equilibrium and kinetic effects can combine, such as 

those described by a two-step reaction model (Beard & Johnson, 2004), in which a 3‰ 

fractionation during Fe(II)-Fe(III) oxidation (Fe(III) is heavier) (Welch et al., 2003) is followed by 

a 2‰ fractionation associated with a kinetic reaction during precipitation (Fe(III)(s) is lighter) 

(Skulan et al., 2002), which can produce an overall fractionation of approximately 1‰ (Fe(III)(s) 

is heavier). This could be due to a series of equilibrium and/or kinetic effects that combine during 

microbial Fe redox reactions which produce less fractionation than one would expect from a 

single-step process (Anbar, 2004). 

In sediments (or anoxic aqueous systems), redox-driven Fe isotope fractionation is 

observed when organic matter is oxidized via DIR by microbes using Fe oxides as an electron 

acceptor during the classic redox sequence (Fig. 2, pg. 6). This occurs as particulate Fe(III) is 



 13 

reduced to dissolved Fe(II) by microbial activity and released into pore waters (Beard et al., 1999; 

Homoky et al., 2009; Severmann et al., 2010). This flux is characterized by an isotopically light 

signature (-3.5 to -1.5‰) driven by equilibrium fractionation, which can subsequently be 

transferred to both oxic and anoxic bottom water (Hunt et al., 2022; John et al., 2012; Severmann 

et al., 2006) where it may undergo further fractionation. 

Prior to the year 2000, the analysis of Fe isotopes was performed using thermal ionization 

mass spectrometry (TIMS) (Götz & Heumann, 1988; Walczyk, 1997), however, this method did 

not produce data with sufficient reproducibility to detect natural mass fractionation (Anbar, 2004; 

Dixon et al., 1993). Since then, developments in analytical technology, such as the adoption of 

multiple collector-inductively coupled plasma-mass spectrometry (MC-ICP-MS) to measure Fe 

isotopic composition, have greatly improved analytical precision (Belshaw et al., 2000). Use of 

the isotopic ‘double spike’ technique has yielded even greater precision and provided the first 

evidence of mass-dependent Fe isotope fractionation in nature (Beard & Johnson, 1999). Since 

2007, improved clean sampling and analysis practices and advances in MC-ICP-MS have allowed 

for increasingly precise and accurate measurements of the isotopic composition of metals in 

seawater. Modern isotopic analysis now allows for measurement with the precision and accuracy 

required to resolve oceanic variability (<0.1‰ Conway et al., 2021), providing Fe isotopic 

composition values with uncertainties in the range of 0.03-0.05‰ (Johnson et al., 2020). A 

precision of 0.02-0.2‰ can presently be obtained in seawater (depending largely on 

concentration), as compared to natural variability in the ocean ranging from 1-5‰ (Fig. 3, pg. 11 

& Fig. 4, pg. 14) (Conway et al., 2013; Lacan et al., 2010).  

These advances allowed for the first seawater measurements of dissolved 56Fe in coastal 

environments (de Jong et al., 2007), followed by the first measurements of dissolved 56Fe  in the 



 14 

open ocean (Lacan et al., 2008). Subsequently, improved techniques for Fe chemical separation 

and purification, a reduced sample volume requirement (John & Adkins, 2010), and better 

detection limits and blank corrections have allowed for 56Fe measurement even in Fe depleted 

HNLC regions, given sufficient volume (~20L; Lacan et al., 2010). Improved measurement of 

56Fe  and other metal isotope ratios in seawater is also due to the adoption of ion-exchange resins 

during sample processing (e.g. Hitachi Nobias PA-1), which bind with transition metals in a 

sample, and allow for trace metal clean extraction and purification for isotopic analysis with MC-

ICP-MS (Conway et al., 2013; Rolison et al., 2018). The improvement in the accuracy of analytical 

techniques has allowed for an increase in data and publications on trace metal isotope compositions 

throughout the ocean, as seen in the expansion of Fe isotope measurements, which at the onset of 

the GEOTRACES field 

program consisted of just 37 

data for dissolved Fe isotopic 

composition, and 10 years later 

(2020), increased to 1,718: a 46 

fold increase (Conway et al., 

2021).  

Each Fe source can be 

described by a range of δ56Fe values (Fig. 4). Dust Fe tends to share the isotopically homogenous 

composition of crustal igneous rocks, a 𝛿56Fe value of ca. +0.1‰, which provides a baseline for 

comparison with other isotopic variations (Beard et al., 2003; Poitrasson, 2006).  

RD in sediments produces Fe(II) with 𝛿56Fe values between -3.5 and -1.5‰ which are 

driven by equilibrium redox fractionation (Fitzsimmons & Conway, 2023). Subsequent oxidation 

Figure 4. δ56Fe values associated with major interfaces and cycling. Left- δ56Fe for 

Fe fluxes at the four ocean interfaces. Right- Δ for internal Fe cycling (Fitzsimmons 

and Conway, 2023). 
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of Fe(II) has traditionally been assumed to similarly be dominated by equilibrium fractionation, 

which would drive the remnant dFe even lighter, such as that seen in porewaters and benthic 

chamber experiments (Severmann et al., 2006, 2010). However, studies in the Black Sea (Rolison 

et al., 2018), Baltic Sea (Staubwasser et al., 2013), Benguela upwelling system (Hunt et al., 2022), 

and Californian Margin (John et al., 2012) water columns suggest that kinetic isotope effects 

during precipitation can instead drive the remnant dFe isotopically heavier. In contrast, NRD 

produces relatively unfractionated or heavy Fe, as observed in oxygenated sediment porewaters in 

the open ocean with δ56Fe values of +0.37‰ near Papua New Guinea (Radic et al., 2011), +0.22‰ 

for pore waters from the Cape margin in South Africa (Homoky et al., 2013), and +0.1‰ for NRD-

derived colloids in the South Atlantic (Homoky et al., 2021).  

Fe in rivers is more complex, with 𝛿56Fe varying from −1.34‰ to +1.78‰ (Fitzsimmons 

& Conway, 2023). Arctic rivers have 𝛿56Fe values between -0.1 and +1.6‰ in small, organic-rich 

rivers (Escoube et al., 2015), whereas values in the Mun River in Thailand range from -1.34 to 

+0.48‰ (Han et al., 2021), and in the Congo River from +0.07 to +0.33‰ (Hunt et al., 2022). 

Hydrothermal δ56Fe values depend on the host rock, with Fe in vent fluids from the 

ultramafic mantle (approximately -0.23 to -0.12‰) being isotopically heavier than Fe from basalts 

(-0.7 to -0.25‰) (Nasemann et al., 2018; Rouxel et al., 2008, 2016). As vent fluids mix with 

seawater in hydrothermal plumes, there is additional isotopic fractionation during Fe sulfide 

precipitation (Δ56FedFe2+-FeS = +0.6‰) (Bennett et al., 2009), oxidation (Δ56FedFe3+-dFe2+ = +3.01‰) 

(Welch et al., 2003), and Fe oxide precipitation, which may leave residual dFe2+ as light as -7‰ 

(Wang et al., 2023).  

The characterization of the isotopic composition of the various Fe sources continues to 

improve our understanding of Fe biogeochemical cycling in the global ocean, however, there have 
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been relatively fewer efforts to characterize the changes in Fe isotopic composition associated with 

redox changes. Fe isotope fractionation across aquatic redox boundaries and with temporal redox 

changes is poorly constrained, therefore, additional inquiry is needed to clarify how δ56Fe values 

are affected by a change in redox conditions. Insight gained from such a study would not only 

improve interpretations of Fe isotope measurements in the modern ocean but may also aid in 

interpretation of isotopic signatures recorded in the rock record, which may provide a window into 

the conditions of the Precambrian Ocean. 

 

1.5 Earth’s Oxygen Evolution 

Before ~2.3 billion years ago (Ga), the Earth’s atmosphere and ocean were nearly devoid 

of oxygen. A shift from anoxic to oxic conditions occurred ca. 2.4-2.1 Ga in a stepwise transition 

known as the Great Oxidation Event (GOE) (Canfield, 2004; Holland, 2002, 2006; Lyons et al., 

2014). Two models propose different timings for this transition: the Cloud-Walker-Kasting-

Holland (C-W-K-H) model suggests that oxygen was very low before ca. 2.3 Ga, and the partial 

pressure of oxygen (pO2) subsequently increased dramatically between ca. 2.25 and 2.05 Ga, but 

the Dimroth-Kimberley-Ohmoto model alternatively suggests that atmospheric pO2 was nearly 

constant since ca. 4 Ga (Holland, 1999; Ohmoto, 1997). The mechanism through which the 

atmosphere and ocean became oxygenated has also been debated. A change in the redox state of 

volcanic gases and/or hydrothermal inputs may have triggered a change in the oxidation state of 

the atmosphere (Holland, 2002; Kasting et al., 1993). Alternatively (or in addition), Earth’s 

oxygenation may have resulted from the onset of oxygenic photosynthesis with the evolution and 

radiation of oxygenic cyanobacteria, which is likely occurred ca. 3.7 - 2.2 Ga (Kopp et al., 2005; 

Rosing & Frei, 2004; Waldbauer et al., 2009). More precise timing of the GOE 2.33 Ga has been 
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suggested and may have featured rapid oxygenation (within 1-10 million years) as evidenced by 

sulfur isotopes which indicate that the transition followed a climate perturbation (Luo et al., 2016). 

One way to better understand the timing of Earth’s oxygenation is by studying banded iron 

formations (BIFs) which are marine deposits consisting of alternating Fe-rich (Fe oxides) and 

silica-rich (chert) layers (Katsuta et al., 2012) with a limited occurrence in time (around 3.8-1.8 

Ga and 750 Ma) (A. J. B. Smith, 2015). Initial BIF deposition ended ca. 1.8 Ga, which is interpreted 

to indicate the oxygenation of the deep ocean (Holland, 1999), which would have resulted in the 

production of Fe3+, which forms insoluble Fe-oxyhydroxides that are unable to form BIFs (Anbar 

& Knoll, 2002). The molybdenum (Mo) isotopic record also suggests expanded seafloor anoxia in 

the mid-Proterozoic ocean, which may have persisted after Earth’s atmospheric oxygenation 

during the GOE (Arnold et al., 2004).  

Fe isotopes have also been used to determine changes in the marine Fe reservoir and 

atmospheric oxygen availability over time (Fan et al., 2014; Planavsky et al., 2012; Rouxel et al., 

2005). For example, a 1.3‰ fractionation associated with microbial DIR (Beard et al., 1999) and 

a similar fractionation reported in BIFs (1.25‰) suggested that isotopic variations reflect biogenic 

DIR and production of Fe2+ (Beard & Johnson, 1999). Otherwise, elevated 𝛿56Fe values in the 

marine sediment record are generally associated with lower Fe(II) oxidation rates in a ferruginous 

ocean, whereas 𝛿56Fe values near zero are associated with oxic conditions (Fan et al., 2014). These 

interpretations rely on the use of modern anoxic systems as analogues to the conditions of the 

ancient ocean and a knowledge of the isotopic fractionations associated with redox processes. 

Thus, a better understanding of modern processes that cause 𝛿56Fe variations associated with redox 

transformations would improve interpretation of isotope records in Proterozoic and Archean Fe 

deposits (Kunzmann et al., 2017). Further inquiry into Fe isotopes in modern anoxic basins that 



 18 

act as analogues to past ocean conditions may improve our understanding of the evolution of 

oxygenation and Fe cycling over time, and improve predictions of changes in the Fe cycle in a 

future ocean that is expected to be increasingly deoxygenated due to inputs of nutrients from 

agriculture, sewage, and fossil fuel use, and lower oxygen solubility in a warmer ocean (Breitburg 

et al., 2018).  

 

 1.6 Fe Isotopes at Redox Boundaries 

A transition from oxidizing to reducing 

conditions in sediments or the water column can 

influence the oxidation state, speciation, 

concentration, and isotopic composition of 

redox-sensitive metals (Drever, 1997). In 

sediment porewaters, δ56Fe changes are 

observed across redox boundaries (transitions 

between oxic and anoxic layers) (Fig. 5), with 

light Fe produced in the reducing ferruginous 

zone reflecting equilibrium isotope fractionation 

during Fe reduction (-1.5 to -2‰; Homoky et al., 

2009; Severmann et al., 2006; Severmann et al., 2010). This is consistent with laboratory 

experiments that demonstrate isotopic fractionation during microbial DIR of ferrihydrite, goethite, 

and hematite (Fe(III) minerals) which produces Fe(II) that is isotopically lighter by 1-3‰ (Beard 

et al., 1999; Crosby et al., 2005). As sedimentary Fe(II) diffuses up across the oxic-anoxic interface 

and oxidizes to Fe(III), δ56Fe values are driven even lighter (to -3.5 to -5‰) by further fractionation 

Figure 5. A down-core distribution of δ56Fe in Cape Margin 

sediments. Different chemical zones are characterized by 

unique isotopic signatures, with light Fe associated with 

Fe(III) reduction (Homoky et al., 2013). 
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likely due to Fe(II)-Fe(III) equilibrium effects during oxidation (Homoky et al., 2013; Severmann 

et al., 2010), leaving the precipitated ferrihydrite 3.2‰ heavier (Wu et al., 2011).  

In anoxic basins and 

sediments that release Fe(II) via RD 

and diffusion, such as the San Pedro 

and Santa Barbara basins on the 

California margin, a light Fe flux is 

observed from anoxic sediments 

(δ56Fe = -3.5 to -1.8‰) (John et al., 

2012). Here, however, as oxygen 

increases higher in the water column, 

[Fe] decreases and δ56Fe become 

isotopically heavier, a trend that is 

against expectations for equilibrium-

dominated fractionation during oxidative precipitation (John et al., 2012; Staubwasser et al., 2013). 

Similar δ56Fe shifts are observed the anoxic Lake Cadagno, the Baltic and Black Seas, and the 

Benguela upwelling system (Fig. 6) (Ellwood et al., 2019; Hunt et al., 2022; Rolison et al., 2018; 

Staubwasser et al., 2013). In the redox-stratified freshwater Lake Cadagno, a ca. 1.4‰ increase is 

coincident with a 10-fold [Fe] decrease from anoxic to oxic water (Fig. 6A) (Ellwood et al., 2019). 

In the Baltic, the lightest δ56Fe values are found in anoxic waters (-0.4 to -0.5‰; Fig. 6B), with a 

0.7‰ increase to ca. +0.3‰ above the redox boundary (Staubwasser et al., 2013). In the Black 

Sea, a relatively smaller δ56Fe increase from ca. -1‰ in anoxic water to ca. -0.7‰ in oxic water is 

observed (Fig. 6C). The δ56Fe trends observed in these basins are attributed to a two-step model 

Figure 6. δ56Fe changes across redox boundaries. A- Lake Cadagno 

(Ellwood et al., 2019), B- the EGB of the Baltic Sea (Staubwasser et al., 

2013), and C- the Black Sea (Rolison et al., 2018). 
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of Fe(II)-Fe(III) oxidation followed by the precipitation of Fe(III) minerals as Fe(II) diffuses up 

from anoxic water, where a kinetic isotope fractionation during Fe precipitation is suspected to 

dominate the fractionation, leaving remnant dFe(III) isotopically heavier (δ56Fe ca. +0.7 to +1‰) 

(John et al., 2012; Rolison et al., 2018; Staubwasser et al., 2013). This effect has been observed 

within an oxic water column, such as in the Benguela upwelling system (Hunt et al., 2022), and at 

the oxic-anoxic interface, such as in the Baltic (Staubwasser et al., 2013). This value is similar to 

the -0.8 to -0.9‰ fractionation determined for abiotic oxidative precipitation in lab studies at pH 

> 5 (Bullen et al., 2001). 

Fe oxide precipitation is not the only mineral formation process capable of fractionating 

Fe isotopes, as δ56Fe changes are also associated with Fe sulfide precipitation. As mentioned 

previously, the δ56Fe in the Black Sea is ca. -0.7‰ immediately above the redoxcline and decreases 

to the δ56Fe minimum (ca. -1‰) near the [Fe] maximum (ca. 440 nmol kg-1 near 105-150 m) (Fig. 

6C, pg. 19). Below the δ56Fe minimum, δ56Fe increases to ca. +2‰ in euxinic deep water, 

coincident with an order of magnitude [Fe] decrease (Rolison et al., 2018). This shift is also 

attributed to a kinetic isotope effect during Fe sulfide precipitation as the redox sequence proceeds 

with depth (Fig. 2, pg. 6), with the use of SO4
3- as an electron acceptor, resulting in the production 

of H2S. In the Black Sea, the removal of dFe to isotopically light Fe sulfide particles (FeS2) was 

modelled to occur with a fractionation factor between Fe(II) and FeS2 of +2.75‰, leaving the 

dissolved Fe isotopically heavy (Rolison et al., 2018). A similar pattern is seen in δ56Fe profiles in 

sediment porewaters, with a δ56Fe increase from -3 to +1.2‰ in Cape Basin sediments moving 

downward from ferruginous to sulfidic zones (Fig. 5, pg. 18) (Homoky et al., 2013). Similarly, 

δ56Fe values in Lac Pavin are light from RD at 60 m and become heavier with depth as [H2S] 
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increases, consistent with fractionation associated with Fe sulfide precipitation in euxinic water 

(Busigny et al., 2014).  

Accordingly, there is complexity in interpreting δ56Fe in both modern and past redox 

environments, with oxide and sulfide formation likely playing competing roles at different stages 

of the redox sequence. There is disagreement over the role of equilibrium and kinetic processes 

(and even the direction of the fractionation) in driving fractionation across redox boundaries. 

Overall, the isotopic fractionation of specific redox processes and the processes that dominate Fe 

isotope fractionation in modern redox settings remain poorly quantified and understood, 

challenging the use of this parameter for interpreting modern Fe biogeochemistry and past ocean 

conditions. Such inconsistencies inspire further study into how different redox processes and 

environments fractionate Fe isotopes.  

Of special interest is how δ56Fe values change as conditions shift between oxidizing, 

reducing, and sulfidic throughout the water column, and over time as the redox environment is 

transformed, which is the focus of the present study that aimed to better characterize Fe isotopes 

in a modern, redox-stratified environment. Improved characterization of Fe isotopic composition 

across redox boundaries will elucidate Fe isotope fractionation associated with Fe redox 

transformations, and thus improve interpretations of δ56Fe measurements throughout the ocean. In 

addition, redox transformations associated with the oxygenation of the Earth may be better 

understood through additional δ56Fe investigations, allowing for more accurate interpretation of 

δ56Fe signatures preserved in sedimentary rocks. Case studies of modern redox-stratified settings 

can be used as analogues to the chemistry of the anoxic and Fe-rich Precambrian ocean that likely 

dominated Earth’s history (Poulton & Canfield, 2011). Elucidating Fe redox chemistry may also 
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help improve predictions of changes in the Fe cycle with redox changes associated with 

anthropogenic deoxygenation of the ocean. 

A case study of Fe isotopes across a redox boundary was carried out in the classically 

studied Saanich Inlet as part of a time series exercise in which dynamic redox stratification in the 

inlet’s water column allowed for investigation of Fe isotopes across the redox boundary and over 

time as the redox environment is modified with changes in circulation. There are presently very 

few detailed case studies of changes in Fe isotope composition across redox transitions in marine 

environments, and no previous time series studies focusing on changes in isotopic composition 

with temporal redox changes. This study aimed to fill these knowledge gaps by clarifying 

mechanisms of Fe isotope fractionation and Fe redox cycling in Saanich Inlet. 

 

1.7 Saanich Inlet 

Saanich Inlet is a seasonally stratified 

fjord on southeastern Vancouver Island in 

British Columbia, Canada (Fig. 7). The inlet is 

24 km long, with a maximum depth of ~240 m. 

A 75 m depth sill at the mouth of the inlet (Fig. 

8C, pg. 23) restricts the circulation of water 

between the inlet and the Georgia and Haro 

Strait regions, resulting in the isolation of 

water below sill depth (Herlinveaux, 1962; Morford et al., 2001). Saanich is unique among British 

Columbia inlets in that it has negligible freshwater input at the head (a small discharge of ~0.85 

m3/sec from the Goldstream River, Fig. 8B, pg. 23). Most freshwater input to Saanich originates 

Figure 7. The location of Saanich Inlet within the Salish Sea 

(Herlinveaux, 1962). 
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in the Cowichan River, ~3 miles north of the fjord (maximum discharge in the winter) and the 

Fraser River on mainland British Columbia, northeast of the mouth of the fjord (maximum 

discharge in the summer) (Fig. 7, pg. 22) 

(Herlinveaux, 1962).   

Saanich circulation is influenced by the 

broader estuarine circulation in the Salish Sea 

(encompassing the Haro Strait, the Strait of 

Georgia, the Strait of Juan de Fuca, and Puget 

Sound) which is dominated by winter 

precipitation and summer snowmelt. A deep 

inflow of dense, oxygen-depleted shelf water 

into the Juan de Fuca Strait flows over sills in 

southern Strait of Georgia (typically in the 

fall), and mixes with the warm, fresh surface 

plume from the Fraser River (which is larger 

in summer due to snowmelt), forming an 

intermediate water mass. This circulation 

produces a landward transport of dense, salty 

water in the lower water column, and a 

seaward transport of fresher surface water in 

the upper water column (Fig. 8A) (Masson, 2002, 2006; Thomson, 1994; Waldichuk, 1957). The 

intermediate water mass forms near the San Juan Islands and has a maximum seasonal salinity and 

density for the region, which gradually displaces deep water in the Georgia/Haro Straits throughout 

Figure 8. Saanich Inlet geography and renewal mechanism. 

A- a map of Saanich Inlet (black box) within the Salish Sea, 

with the landward flow through the Juan de Fuca Strait 

indicated by the purple line. B- A map of Saanich Inlet and 

Haro Strait displayed with a colored depth gradient, 

demonstrating the deeper inlet and strait water (blue) 

separated by a shallow region (yellow). C- A cross section of 

the inlet drawn from 𝛼 to 𝛽 on the map in Fig. 8B contrasting 

the two different circulation regimes: a stratified (strong tide) 

water column, and a water column that experiences renewals 

(weak tide) (Soetaert et al., 2022). 
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the spring/summer (J. J. Anderson & Devol, 1973; Waldichuk, 1957). In fall, when freshwater 

contributions to strait waters are lowest and during periods of low tidal mixing, water in Haro 

Strait above the sill become more dense than inlet water below the sill, and flows into Saanich, 

delivers oxygen-rich water, and displaces water initially in the Inlet (Fig. 8C, pg. 23) (Herlinveaux, 

1962; Manning et al., 2010; Hamme et al., 2015). These renewal events occur regularly during 

summer and fall, resulting in more dynamic redox conditions than other anoxic basins, such as the 

Black and Baltic Seas, which experience oxygenated renewal events once a decade or less (Rolison 

et al., 2018; Staubwasser et al., 2013). 

High Saanich surface productivity results in a high oxygen demand in deeper water due to 

the microbial respiration of sinking organic matter (Timothy & Soon, 2001). Oxygen consumption 

through respiration combines with restricted circulation to produce anoxic conditions ([O2] < 15 

𝜇mol kg-1) at depths below approximately 100 m, which persist from around December to August 

of most years until seasonal renewal events displace isolated deep water with dense, oxygenated 

water in the late summer/early fall (J. J. Anderson & Devol, 1973). After oxygen depletion and the 

Figure 9. Distribution of electron acceptors in the late 1970s Saanich water column. The classic redox sequence is observed 

with depth as each oxidant is consumed in organic matter respiration. A- [O2] decreases from the surface to ~130 m, below 

which H2S accumulation begins. B- Nitrogen species distribution showing a [NO3] peak at mid-depths, with the NH3 increase 

beginning below the O2/H2S interface. C- Fe2+& Mn2+ profiles show increases in anoxic water. D- Particulate (shaded region) 

and dMn distribution. The Mn-enriched particulate layer lies above the O2/H2S interface and is attributed to biologically 

enhanced oxidation of Mn2+ diffusing from anoxic water (Emerson et al., 1979; Jacobs & Emerson, 1982). 

A B C D 
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onset of anoxia, organic matter oxidation continues through the redox sequence, with the reduction 

of NO3
-, Mn, Fe, and SO4

3- resulting in elevated Mn, Fe and H2S in bottom waters (Fig. 9, pg. 24) 

(Emerson 1987; Jacobs and Emerson 1982). During the stratified season, oxic water (above ca. 

100 m) is separated from sulfidic water by a region displaying a distribution of parameters 

associated with the classic redox sequence of electron acceptors (Emerson et al., 1979). Saanich 

Inlet sediments are characterized as jet black in color, anaerobic, laminated, and sulfide-rich, as 

determined by two cores (1033 and 1034) from the Ocean Discovery Program (Blais-Stevens et 

al., 2001).  

The Saanich Inlet Redox Experiment (SaanDox) aimed to sample the inlet on a fortnightly 

basis to investigate how transitions between oxic and sulfidic conditions influence various 

biogeochemical parameters in the Saanich water column through measurements from autonomous 

sensors at moorings through Ocean Networks Canada (ONC) and a series of cruises to sample the 

water column, which both occurred at approximately the same location in the central inlet (Fig. 

10, pg. 26) (Hamme et al., 2017). The moorings provided high-resolution [O2] measurements, 

revealing the occurrence of several renewal events during July-October 2016, followed by a return 

to stratified water column conditions (Fig. 11, pg. 34) (Soetaert et al., 2022). The SaanDox project 

helped to better characterize renewal events, revealing a complex layering of water masses 

produced by intrusions of oxygen-rich water, with different proportions of new, oxic water layered 

within old, anoxic water as a result of density differences. It was also found that renewal events 

likely condition the inlet for subsequent renewals (Soetaert et al., 2022). This improved 

understanding of the renewal mechanism and its influence on Saanich redox conditions, combined 

with other geochemical measurements from the SaanDox project (e.g., H2S, NOx, and other 
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metals) provided a basis for interpreting [Fe] and 56Fe measurements across the varying redox 

conditions throughout the time series. 

 

1.8 Purpose of this Study 

The dynamic redox conditions in the Saanich Inlet water column provided an excellent 

location to study redox processes, especially those which affect Fe and its isotopes (e.g., 

fractionation associated with redox interfaces and oxidation or precipitation). Distributions of 

redox sensitive trace metals such as Fe and Mn have been previously investigated in the Saanich 

Inlet water column and sediments (Binqiu et al., 1987; Emerson et al., 1979; German & Elderfield, 

1990). Prior to this study, there were no data for redox-sensitive trace element isotope systems in 

Saanich, with the exception of uranium (Holmden et al., 2015). 

The SaanDox project, which 

included the collection of water column 

profiles for various parameters, provided an 

ideal sample set to investigate Fe redox 

cycling. The purpose of this study was to 

characterize Fe isotope fractionation across 

the Saanich redox boundary and changes in 

[Fe] and δ56Fe with renewal events. This 

allowed for the calculation of fractionation 

factors across the redox interface and with 

renewal events. SaanDox cruises provided 

13 water column profiles (124 individual samples) for this study, collected biweekly from the 

central inlet during October 2016- April 2017 (Fig. 10), which included the October renewal event 

Figure 10. Saanich sampling locations. A map of Saanich Inlet 

showing the locations of the sampling station (red star) for the 

SaanDox project CTD casts, and the ONC profiling buoy and 

bottom mooring (blue triangles) (Hamme et al., 2017). 
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and the establishment of stable anoxic conditions through the winter. This project sought to answer 

several research questions: 

1. How does 𝛿56Fe change across the redox boundary in Saanich Inlet? What isotopic 

fractionation factor(s) describe the variability above and below the [Fe] maximum? 

2. Which processes (e.g., oxidation, precipitation) dominate Fe isotope fractionation during 

Fe removal from the dissolved phase? 

3. How (and why) does 𝛿56Fe change throughout the water column during renewal events? 

What fractionation factors describe the change? 

This study was proposed with the aim of performing the first Fe isotope measurements in 

Saanich Inlet in order to clarify fractionation factors associated with oxidative precipitation at 

redox interfaces and improve the interpretation of the large amount of Fe isotope data published 

in recent years (Conway et al., 2021). Redox effects on Fe isotope dynamics are generally poorly 

quantified, challenging the use of Fe isotopes to understand past and modern marine Fe redox 

cycling. For example, there is disagreement in the literature about the magnitude and direction of 

fractionation factors upon oxidative loss of Fe in the ocean. This study also aimed to better 

characterize the redox chemistry of metals in anoxic environments, which may prove useful in the 

future, as ocean deoxygenation continues to expand (Breitburg et al., 2018), and may elucidate the 

implications of this expanded anoxia on the Fe cycle and, thus, primary production and carbon 

sequestration. Lastly, my results may also improve the interpretation of Fe isotopes in the ancient 

sediment record, as the redox state of the Earth and its ocean transformed over time. 
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1.9 Hypotheses  

Based on preliminary measurements of oxygen, Fe, and H2S concentrations in the Saanich 

Inlet water column and previous studies in redox-stratified systems, three hypotheses were 

proposed to explain how Fe isotopes may be fractionated in the Saanich water column: 

H1: δ56Fe values will be low in low-[O2], high-[Fe] conditions at depth, where equilibrium 

fractionation dominates RD from the respiration of sinking organic matter in the water column or 

in sediments, producing light dFe(II) in, or released to, the water column (Severmann et al., 2006). 

H2: δ56Fe values will increase moving up across the redox boundary as Fe precipitates and kinetic 

isotopic effects dominate, as seen in the Baltic Sea and the San Pedro Basin (John et al., 2012; 

Staubwasser et al., 2013); and may also be heavier above the redox boundary due to strong Fe-

binding ligands that leave the solution isotopically heavy (Lotfi-Kalahroodi et al., 2021). 

H3: δ56Fe values will increase with transition to euxinic water at depth (when H2S is elevated), 

where the loss of Fe from the dissolved phase occurs due to pyrite formation. 
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CHAPTER TWO: METHODS AND VALIDATION 

 

2.1 Sample Collection (SaanDox) 

Seawater samples were collected as part of the Saanich Inlet Redox Experiment (SaanDox) 

led by Roberta Hamme of the University of Victoria. Samples for [Fe] and 56Fe were collected 

approximately every 10 m from 60- 200 m onboard the R/V John Strickland from the central inlet 

(48° 37.53’N, 123° 29.91’W (Fig. 10, pg. 26) approximately every two weeks from October 4, 

2016, through April 27, 2017. On each cruise, approximately 10 1L samples were collected using 

a 6-Niskin external closure rosette (Hamme et al., 2017) following trace metal procedures adapted 

from GEOTRACES protocols (Cutter et al., 2010). Following collection, the samples were filtered 

using 0.2 𝜇m Pall Acropak capsule filters into acid-cleaned LDPE bottles and acidified shipboard 

to pH 2 with concentrated ultrapure HCl. The samples were stored acidified for 6 years before 

analysis, and thus all metals remained dissolved before processing. 13 profiles including 124 1L 

samples were available for dissolved [Fe] and 56Fe analysis at the University of South Florida. 

Supporting data for salinity, temperature, conductivity, depth, H2S, nutrients, etc., were available 

to aid in interpretation of Fe measurements. 

 

2.2 Sample Processing (USF) 

Sample processing was carried out in an ISO 6 (Class ~10,000) clean laboratory in an ISO-

5 filtered laminar flow bench using trace-metal clean techniques, including the wearing of clean 

suits, sleeves, hats, and vinyl and polyethylene gloves to reduce metal contamination from 
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handling. All water used in sample processing was 18.2 Ω-cm (ultrapure; UPW; Milli-Q) from a 

Barnstead Genpure System, and all reagents were ultrapure grade or double-distilled from trace 

metal grade using Savillex stills. Plastic bottles and beakers used were LDPE or PFA Teflon 

cleaned using trace-metal procedures by soaking in 1% Citrad detergent overnight and room 

temperature HCl for one week (LDPE) or hot nitric acid (HNO3) (PFA) overnight, with extensive 

rising with UPW between steps (Conway et al., 2013). Procedural blanks were checked and 

minimized prior to processing. 1 L samples were subsampled for dFe extraction and purification 

following established methods (Conway et al., 2013; Sieber et al., 2019): 

1. A 57Fe–58Fe double-spike was added to samples in a 1:2 sample: spike ratio, based on 

previous [Fe] measurements (Cullen & Meyer, 2020). (57Fe and 58Fe are used in the double 

spike because they have the lowest natural abundances of Fe isotopes, which allows for 

optimal beam intensity (Lacan et al., 2010)).  

2. 10 mmol L-1 hydrogen peroxide (H2O2) was added to oxidize all Fe to Fe(III). Samples 

were left for at least 24 hours to allow the double-spike to equilibrate with the natural Fe 

in the sample. 

3. Nobias PA-1 chelating resin beads were added to the sample to extract trace metals from 

seawater, followed by shaking on an orbital shaker table for at least 2 hours.  

4. The sample was filtered through a 47 mm PFA Savillex Filter Rig with a 5 𝜇m pore size 

Nucleopore polycarbonate filter to collect the resin and trace metals bound to it. 

5. Metals were eluted from the resin using 3M HNO3. 

6. Samples were dried down at 180C, refluxed with concentrated HNO3 and 10 mmol L-1 

H2O2 to dissolve organics, and dried down again. 
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7. Samples were taken up in 200 𝜇L 7M HCL + 0.001 H2O2 and added to 20 𝜇L PTFE micro-

columns filled with AG-MP1 resin for purification by anion exchange chromatography. 

8. Major cations, Cr, Cu, and Ni were eluted with 7M HCl + 0.001 H2O2. 

9. Fe was eluted with 1M HCl. 

10. Samples were dried down and redissolved in 1 mL 2% HNO3 for MC-ICPMS analysis. 

 

2.3 Fe Isotope Analysis (USF) 

Fe isotope analyses were performed on a Thermo Neptune MC-ICP-MS in the Tampa Bay 

Plasma Facility at the University of South Florida. Samples were introduced using a Teflon® PFA 

(perfluoro alkoxy) nebulizer with a flow rate of ~100 𝜇L/min via an ESI Apex-Omega desolvator, 

with a Pt Jet Sampler and Al skimmer cone (Hunt et al., 2022). The 57Fe–58Fe double-spike 

technique was used to correct for instrumental mass bias (Siebert et al., 2001). [Fe] were calculated 

using isotope dilution, the amount of spike added, and the weight of the seawater aliquot. Samples 

were typically analyzed in groups of 5, bracketed by IRMM-14 double-spike mixtures, with 𝛿56Fe 

values expressed relative to the average of these zero-standard mixtures. The procedural blank for 

my work was assessed at 0.96±0.14 ng Fe (n=5), which corresponded to less than 2% of sample 

concentrations. Accuracy and precision of seawater 𝛿56Fe measurements were assessed through 

long-term repeat measurements of an Fe reference solution (NIST 3126a) which is measured once 

with each group of 5 samples. The long-term mean 56Fe and 2SD for the NIST-3126a standards 

is +0.36±0.06‰ (n=524; runs=37) (Hunt et al., 2022), with the 56Fe consistent with other 

published measurements (Conway et al., 2013). As such, a conservative estimate of external 

precision on 𝛿56Fe at USF is typically considered to be 0.06‰, and error on [Fe] is considered to 

be 2% (Conway et al., 2013). For samples where the internal 2SE of analysis is greater than the 
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external precision of 0.06‰, the 2SE is taken to be a better representation of uncertainty and is 

used in figures.  

 

2.4 Method Validation 

While using long term statistics of a secondary pure standard solution provides an estimate 

of external precision, the most robust approach for assessing full external precision is to carry out 

multiple (ideally >30) full extractions and analyses of each sample. Typically, however, the low 

dissolved [Fe] in seawater (and thus large volume requirements) preclude multiple analyses. In the 

case of anoxic (and Fe-rich) water, such as the deep Saanich Inlet, however, just ~5-10 mL of 

sample is needed for analysis, and so a 1 L sample permits multiple analyses. 

Accordingly, I assessed the precision and accuracy of the method by carrying out repeated 

(30-40x per sample) extractions and measurements of a 160 m sample from Saanich Inlet 

(collected on 15 March 2017) chosen to reflect stable anoxic bottom water, and a 150 m anoxic 

Black Sea reference sample (obtained from a 2013 Dutch-led Intercalibration exercise) for which 

[Fe] and 56Fe values were previously determined (Rolison et al., 2018). Both samples allowed the 

precision of the method to be established, while comparison of the [Fe] and 56Fe values obtained 

for the Black Sea sample with values from other labs provide evidence of accuracy. (The full 

replicate results of these analyses are in Table 1, pg. 33). 

The mean 56Fe (± 2SD) values obtained for the Black Sea reference material and the 

Saanich 160 m sample in this study were -0.80±0.06‰ and -0.80±0.07‰ respectively (with n=40 

for both). The 2SD of these samples (+0.06 and +0.07‰) are effectively equivalent to that of the 

long term NIST standard (+0.06), supporting the use of that as a good estimate of external 

precision. The mean value of -0.80‰ obtained for the Black Sea reference sample agrees with 
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previous measurements of -0.79±0.03‰ (Rolison et al., 2018),  -0.82±0.03‰ (Wang et al., 2023), 

and -0.80±0.05‰ (Conway and John, pers. comm.), demonstrating the accuracy of my dataset. 

For [Fe] (n=30; the first 10 replicates are not included in both cases due to a poorly calibrated 

pipette leading to less accurate concentrations), both samples had a 1SD of ~2% (equivalent to 

stated precision in (Conway et al., 2013)) with the Saanich [Fe] = 262 nmol kg-1 and the Black Sea 

[Fe] = 359 nmol kg-1 (comparable (within 4-10%) of previous measurements of 330, 381 and 375 

nmol kg-1 in previous studies cited above). 

 

Table 1. Results of the Black Sea Fe GEOTRACES intercomparison exercise. Replicate analyses 

allowed for the assessment of precision and accuracy of methods used in this study. 

 

 

 

 

 

 

 

 

 

 

 

 δ56Fe (‰) 2SD [Fe] (nmol kg-1) n 

This study -0.80 0.06 359 40 (30 for [Fe]) 

Rolison et al., 2018 -0.79 0.03 375 6 

Wang et al., 2023 -0.82 0.04 382 1 

T. Conway, pers. comm. -0.80 0.05 375 2 
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CHAPTER THREE: RESULTS AND DISCUSSION 

 

3.1 Oxygen, Nitrate, Manganese, and Hydrogen Sulfide in Saanich Inlet 

CTD casts conducted at 48° 37.53’N, 123° 29.91’W (Fig. 10, pg. 26) as part of the SaanDox 

project provided concentration measurements for oxygen ([O2]: data processed by J. Sorensen, R. 

Hamme, and J. Klymak), nitrate ([NO3
-]: analyzed in the Varela lab at the University of Victoria 

by K. Giesbrecht and S. Wyatt), and hydrogen sulfide ([H2S]: analyzed by E. Raftery). These data 

are used in figures and interpretations. At the time of writing, [Mn] data are not available for the 

time series. 

In winter and spring, water in the central inlet was stratified and anoxic ([O2] < 15 mol 

kg-1) below ca. 100 m. Four renewal events occurred during summer and fall of 2016, indicated 

by elevated [O2] below 100 m (July, August, September, and October; Fig. 11) (Soetaert et al., 

2022).  

The July renewal increased [O2] above 150 m from ca. 5 to 25 mol kg-1, with the water 

column below remaining anoxic. In the September renewal,  oxygen-rich water initially arrived 

Figure 11. [O2] changes during the renewal season. [O2] at the sill mooring (Top) and the profiling mooring 

(bottom) demonstrate the timing of the four summer and fall 2016 renewal events (Soetaert et al., 2022). 



 35 

near 130 m during 9-12 Sept, then around 160 m during 13-15 Sept (Soetaert et al., 2022). 

Following this renewal period, water became cooler and less oxygenated, suggesting lateral mixing 

with older, anoxic water (Hamme et al., 2015; Soetaert et al., 2022). The October renewal first 

experiences elevated oxygen below ~130 m on 11 Oct, followed by changes above 130 m by 18 

Oct, with water below decreasing in oxygen, again likely due to lateral mixing with older, anoxic 

water (Soetaert et al., 2022). From early November on, anoxia is assumed to persist at depths 

greater than ca. 100 m. 

 

3.2 Overview of [Fe] and 56Fe in Saanich Inlet 

Consistent with earlier studies of Saanich (Emerson et al., 1979; Jacobs & Emerson, 1982) 

(Fig. 9, pg. 24) the majority of the time series shows an oxygen stratified water column with a 

mostly consistent pattern over time for [NO3], [H2S], [Fe] (and δ56Fe) with descent through the 

water column (Figs. 13-16, pgs. 38-43; Table 2, pg. 61). This pattern corresponds to the classic 

redox sequence seen in sediments and the Black Sea, in which anoxic conditions below the oxic 

zone are associated with the progression of biological respiration pathways in the order of the 

reduction of NO3
-, Mn, Fe, and SO4

3-, with the full progression of these pathways encompassing 

the redoxcline (Canfield & Thamdrup, 2009; Lewis & Landing, 1991; Rolison et al., 2018). 

Eventually, this sequence reaches methanogenesis, which occurs in Saanich surface sediments 

(Whiticar & Elvert, 2001). For this study, the top of the Saanich redoxcline is defined as beginning 

at the lowest point in the water column with appreciable [O2] (> ca. 15 mol kg-1) around 75-100 

m and extending to just below the depth of the first abrupt [H2S] increase or [Fe] maximum around 

130 m. Anoxic water is defined as the first depth where [O2] < 15 mol kg-1. The pronounced 

redoxcline is absent in fall profiles, which are influenced by renewal events, but as winter 
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progresses the oxic-anoxic interface and the redoxcline increase in depth through the time series 

(Figs. 13-16, pgs. 38-43). 

Throughout the time series, [Fe] vary between ca. 4 and 530 nmol kg-1 and δ56Fe vary 

between ca. -1.2 and +0.7‰. In oxic water, [Fe] are low (< ca. 20 nmol kg-1), and δ56Fe are 

typically ca. -0.3‰. In anoxic water, [Fe] are high (> 200 nmol kg-1) and isotopically lighter δ56Fe 

(ca. -1‰). In the winter and spring stratified profiles (15 Dec- 27 Apr), δ56Fe become slightly 

heavier in the sulfidic region (> ca. 5 nmol kg-1) below the [Fe] maxima. The stratified water 

column provides the opportunity to investigate Fe isotope fractionation across a stable redoxcline, 

and the renewal season water column provides the opportunity to see how this changes with the 

addition of oxic water. To further investigate changes in Fe redox cycling across the redoxcline 

and with renewal events, [O2], [NO3], [H2S], [Fe], and 56Fe depth profiles can be grouped together 

based on general trends of their distributions (Figs. 13-16). I begin with a description of profiles 

during the October renewal event (Section 3.3), followed by the November post-renewal profiles 

(Section 3.4), and finally the stratified water column that is established in winter through spring 

(15 Dec- 27 Apr) and subdivided by the oxic-anoxic interface (Sections 3.5-3.6).  

 

3.3 October 2016 Renewal Event  

Summer and fall of 2016 experienced four renewal events (July, August, September, and 

October), as observed in autonomous observations from ONC moorings located in the central inlet, 

which provided measurements of salinity, temperature, conductivity, pressure, and oxygen, 

reproduced from (Soetaert et al., 2022) (Fig. 12, pg. 37). While this mooring time series 

characterizes the full summer and fall 2016 renewal season with multiple renewal events, the first 



 37 

SaanDox Fe profile was collected on 4 Oct 2016, and so only the effects of the October renewal 

on Fe and δ56Fe can be considered in detail in this study.  

Following the 9-18 Sept renewal and a return to pre-renewal conditions (Soetaert et al., 

2022), the 4 Oct water column is O2 stratified (Fig. 12 & Fig. 13, pg. 38), with the oxic-anoxic 

boundary at 100 m. [NO3
-] in the oxic layer is ca. 20 mol L-1, decreases through the redoxcline, 

and increases to ~12 mol L-1 at 160 m. [H2S] is <1 mol L-1 throughout the water column. [Fe] 

was less than 8 nmol kg-1, with an isolated area of high [Fe] at 130 m (113.62 nmol kg-1). 56Fe 

varied slightly between -0.44 and -0.16‰, shifting lighter between 110 and 130 m to -1.05‰ (a 

0.6‰ decrease) corresponding with the [Fe] maximum. The distribution of O2, NO3
-, and Fe 

suggest a return to anoxic water at depth following the September renewal from oxygen utilization, 

but high NO3- and low Fe suggest that denitrification and Fe 

reduction had yet to begin. The isolated peaks in H2S, Fe and 

56Fe likely indicate a layer of older pre-renewal anoxic 

water, consistent with previous findings that renewals 

produces a complex series of interlaying of water masses 

(Soetaert et al., 2022). 

The October renewal occurred during 11-17 Oct, 

with the arrival of new water indicated by an increase in [O2] 

below 130 m (Fig. 12, pg. 36 & Fig. 13, pg. 38). On 18 Oct, 

[O2] at 75 m was greater than the same depth on 4 Oct (77 

compared to 23 mol kg-1). [O2] then decreased to less than 

2 mol kg-1, below the oxic-anoxic boundary (100 m), and 

increased between 140 and 170 m (up to ~ 30 mol kg-1), 

Figure 12. Saanich [O2] mooring profiles 

during the October 2016 renewal event. 

Black lines represent temperature and salinity 

(left) and [O2] (right) on date indicated in 

black font. Red lines represent the previous 

profile for the sake of comparison (Soetaert 

et al., 2022).  
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demonstrating the lingering effects of the 11 Oct renewal and the start of a return to pre-renewal 

low O2 conditions, likely due to lateral mixing with older water (Soetaert et al., 2022). The 18 Oct 

profile was also characterized by high [NO3] (26 mol L-1) in the oxic layer, which decreased (< 

9 mol L-1) below the oxic-anoxic boundary, and increased between 140 and 170 m (up to ~13 

mol L-1) in the oxic layer, which may reflect NO3
- delivery within renewal waters, or the 

production of NO3
- in deeper waters during organic matter respiration. 

 H2S, Fe, and 56Fe profiles show a homogeneous distribution throughout the water 

column, except for an anomaly in each parameter at 130 m for both October profiles (not H2S on 

4 Oct). Throughout the 18 Oct profile, [H2S] was below the detection limit, [Fe] was less than ca. 

12 nmol kg-1, and 56Fe varied between -0.6 and -0.2‰. At 130 m, however, [H2S] was ca. 12 

mol L-1, [Fe] was ca. 400 nmol kg-1, and 56Fe was -1.06‰. Like the 4 Oct profile, this pattern 

Figure 13. SaanDox time series profiles during the renewal season (4 & 18 Oct 2016). CTD [O2] (courtesy of Roberta 

Hamme), [NO3] (measured by Karina Giesbrecht & Shea Wyatt), and [H2S] (measured by Erinn Raftery) were previously 

determined. [Fe] and δ56Fe were determined for this study. Uncertainty on δ56Fe is typically ~0.06‰. The horizontal dashed 

line separates oxic from anoxic (<15 mol kg-1) water. 
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can be interpreted as reflecting post-renewal conditions when Fe reduction had yet to occur in deep 

water, with a similar anomaly at 130 m likely reflecting a layer of remnant anoxic water. 

By 28-31 Oct, mooring data showed that [O2] had returned to early October conditions, 

with a sharp transition between oxic and anoxic waters around 100 m (Fig. 12, pg. 37) (Soetaert et 

al., 2022). The 4 and 18 Oct profiles can be considered to reflect a water column just before a 

renewal event and during the renewal recovery period, respectively (Hamme et al., 2015).  

 

3.4 2016 Post-Renewal Water Column  

November Saanich profiles reflect a time of transition as the water column recovered from 

the disruption of renewal events and began to transition back to a reliably stratified water column 

demonstrating the classic redox sequence. On 1 Nov (Fig. 14, pg. 40), [O2] in the oxic water 

column was ca. 97 mol kg-1 and decreased across the oxic-anoxic boundary between 85 and 100 

m, below which waters were anoxic ([O2] < 3 𝜇mol kg-1). [NO3] was high (> 20 mol L-1) above 

the oxic-anoxic boundary, decreased in low oxygen water, and, like October profiles, increased 

(up to ~10 mol L-1) between 150 and 160 m. [H2S] remained less than 0.1 mol L-1 throughout 

the profile. [Fe] was consistently low (<10 nmol kg-1), with a lack of any clear [Fe] maximum seen 

in other profiles in the time series. The δ56Fe was between ca. -0.4 and +0.2‰ throughout the 

profile, similar to the October profiles, but with a slight mid-depth maximum from 110 to 120 m 

(+0.18 and +0.15‰, respectively). Again, this profile likely reflects a period of oxygen depletion 

in deep water, when NO3
- is still present and Fe(III) reduction (and production of Fe(II)) had yet 

to occur. 

On 15 Nov (Fig. 14, pg. 40), the redoxcline was more developed, with [O2] ca. 3 mol kg-

1 below 75 m (anoxic water by 90 m, which was shallower than on 1 Nov). [NO3
-] was high (> 20 
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mol L-1) above the redoxcline and generally decreased with depth, except for an elevated area (6 

mol L-1) at 160 m, the same depth as the isolated high [NO3
-] on 1 Nov. This represents a decline 

in [NO3
-] at this depth from 1 Nov, suggesting a greater degree of denitrification by this time. [H2S] 

was below detection limits, except at 120 and 190 m, where it was 0.14 and 1.05 mol L-1, 

respectively. Like the October profiles, [Fe] were less than 10 nmol kg-1, with an [Fe] maximum 

(16.13 nmol kg-1) at 130 m (the same depth as the October profiles maxima). δ56Fe ranged between 

-0.55 and +0.70‰, with lightest values at the [Fe] maximum (-0.55 ‰), and a large shift from 120 

to 130 m as [Fe] increased (a 1.25‰ decrease), comparable to the shift observed on 18 Oct (a 

1.06‰ decrease coincident with a rapid [Fe] increase). Above this (100-110 m), there was a small 

interval of near-crustal δ56Fe (0 to +0.2‰). Taken together, the November profiles reflect a 

continuing recovery from renewal events, with any resolvable Fe reduction yet to have occured. 

 

Figure 14. SaanDox time series profiles after the renewal season (1 & 15 Nov 2016). Same as in Fig. 13. The horizontal 

dashed lines separate oxic from anoxic (<15 mol kg-1) water, corresponding to the color of each profile. 
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3.5 2016-17 Winter Stratification 

The winter profiles (15 Dec; 4, 17, & 31 Jan) (Fig. 15, pg. 42) were characterized by water 

column stratification and the restoration of the redox sequence after the renewal season. A clear 

redoxcline was observed between 75 and 130 m, which deepened over time. The oxic-anoxic 

boundary for these profiles was between 75 and 100 m, progressively deepening with each 

subsequent profile. Anoxia was present at 90 m on 15 Nov and 15 Dec, and at 100 m for 31 Jan, 

with [O2] consistently less than 6 mol kg-1 below 90-100 m. [NO3
-] was high (> 11 mol L-1) 

above the redoxcline, decreased within the redoxcline, and reached 0 below the redoxcline, 

indicative of all NO3
- being consumed in deep water by denitrification by this point. [H2S] was 0 

above the redoxcline and consistently increased at the bottom of the redoxcline below the oxy- and 

nitri- clines, with elevated levels (ca. 4-10 mol L-1) around 110 m, with [H2S] maxima (ca. 10-13 

mol L-1) occurring in the deepest sample (nearest to the sediments for 4 & 17 Jan). [Fe] were low 

(< 30 nmol kg-1) above the redoxcline, with a consistent [Fe] gradient (ferricline) between ca. 90 

and 130 m, which deepened slightly over time, and an [Fe] maxima of 227-371 nmol kg-1. For all 

four profiles, the [Fe] maximum and δ56Fe minimum occur at 110 m. The [Fe] increase generally 

occurs at similar depths as the [H2S] increase near the bottom of the redoxcline. In all profiles, 

δ56Fe decreased from ca. -0.2 to +0.1‰ in surface waters to ca. -1‰ near the [Fe] maxima (100-

110 m). 15 Dec and 4 Jan showed a unidirectional transition to light values below 90 m, while in 

earlier profiles, there was more variability as [Fe] increased and δ56Fe values just above the 

interface (80-100 m) gradually became heavier throughout the time series. Below the [Fe] maxima, 

[Fe] decreased and became slightly heavier (a 0.1-0.2‰ increase) in the deepest waters (below 

130 m), a trend observed in all profiles with high [H2S].  
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3.6 2017 Spring Stratification 

The spring stratified profiles (15 Feb; 1, 15, and 29 Mar; and 27 Apr (Fig. 16, pg. 43) had 

similar patterns as the winter stratified profiles, with a consistent redoxcline between 100 and 130 

m. [O2] was high (> 200 mol kg-1) above the redoxcline, decreased similarly between 90 and 105 

m, reached anoxic conditions at 105 m, and was consistently less than 3 mol kg-1 below this. 

Notably, the depth of anoxic waters was slightly deeper in this season than in winter (105 vs 90-

100 m). [NO3] ca. 20 mol L-1 above the redoxcline gradually decreased and reached 0 by 130 m. 

[H2S] remained ca. 0 until consistently increasing around 130 m, with concentrations below the 

redoxcline ranging between 5 and 14 mol L-1. [Fe] were less than 20 nmol kg-1 in oxic waters, 

increased across the ferricline which was deeper (ca. 100-130 m) than for the winter stratified 

profiles, and reached [Fe] maxima at 130 m (except for 27 Apr, which reached a maximum [Fe] 

Figure 15. SaanDox time series profiles during stable winter stratification (2016). 15 Dec; 4, 17, & 31 Jan. Same as in Figs. 

13 & 14. The blue horizontal dashed line (top) is the oxic-anoxic boundary for 15 Dec. The black horizontal dashed line 

(bottom) is the oxic-anoxic boundary for the January profiles. 
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for the entire time series at 160 m at 527.4 nmol kg-1). [Fe] then decreased below the maximum 

for all March profiles (a 4-223 nmol kg-1 decrease). δ56Fe ranged from -0.4 to 0.0‰ in oxic waters, 

with the heaviest values just above the ferricline. Downwards across the ferricline, δ56Fe shifts to 

ca. -1‰ at the [Fe] maxima, below which δ56Fe becomes slightly heavier (ca. -0.8‰). Like the 

winter stratified profiles, δ56Fe varies throughout the oxic-anoxic boundary between relatively 

heavy and light values before shifting to the δ56Fe minimum for each profile. On 29 Mar and 27 

Apr, the top of the ferricline has an elevated δ56Fe value (ca. +0.3‰), corresponding with a 1.2-

1.5‰ shift across ca. 20 m from the δ56Fe minimum. Notably, these heavy values were heavier 

than in the oxic waters above. 

 

 

 

Figure 16. SaanDox time series profiles during stable spring stratification (2017). 15 Feb; 1, 15, & 29 Mar; & 27 Apr. Same 

as in Figs. 13 - 15. The black horizontal dashed line is the oxic-anoxic boundary. 



 44 

3.7 SaanDox Data Summary 

Overall, the SaanDox time series shows a progression from the renewal season when [Fe] 

was low (with isolated pockets of old, high [Fe] water), to the gradual re-establishment of anoxic 

and then euxinic waters, where Fe(III) was used as an electron accepter and dissolved Fe(II) was 

produced (Fig. 17). By winter, a relatively stable redox sequence is evident, with the oxycline and 

ferricline both increasing in depth over the course of the winter. The depth of the [Fe] maxima 

reached in April 2017 corresponds to the depth of the remaining high [Fe] water in the 2016 

renewal events. In the following section, I will discuss how these systematic changes in [Fe] and 

δ56Fe can provide insight into fractionation factors and the processes driving them. 

 

3.8 Discussion 

The following is a discussion of the extent to which several processes drive variations in 

[Fe] and δ56Fe profiles in Saanich Inlet. These include Fe redox cycling, Fe sulfide formation, and 

renewal events. I conclude with an assessment of the utility of my δ56Fe measurements for 

paleoredox applications.  

 

Figure 17. SaanDox time series summary for [O2], [Fe], & δ56Fe. [Fe] are high (up to 530 nmol kg-1) in anoxic water (< 15 𝜇mol 

kg-1). δ56Fe were generally lighter in anoxic water. The boundary between oxic, Fe-depleted and ~ -0.3‰ surface water and 

anoxic bottom water deepened throughout the time series. 
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3.8.1 Fe Isotope Fractionation at the Redoxcline 

The δ56Fe minimum in the each of the stratified Saanich profiles (15 Dec- 27 Apr) (mean -

1.10‰, SD 0.10, and range from -1.22 to -0.91‰) typically occurred at or near the [Fe] maximum 

for a given profile, and was overlain by water with heavier δ56Fe, higher [O2], and lower [Fe].  This 

pattern can be investigated first by considering the production of isotopically light δ56Fe associated 

with the reduction of Fe(III), followed by fractionation from oxidation that upwards across the 

redoxcline.  

  The Saanich water column displayed the idealized distribution of electron acceptors used 

in organic matter respiration (Millero, 2013). In this scheme, the fjord’s highly productive surface 

water results in a flux of organic matter (the electron donor) which sinks throughout the water 

column and is decomposed by aerobic respiration in the presence of O2 (the electron acceptor), 

which is consumed. Denitrification occurs after aerobic respiration, producing a [NO3
-] maximum 

near 80 m, followed by MnO2 reduction that occurs below the O2/H2S interface, as suggested by 

previous observations of a [dMn] maximum near 180 m (Jacobs & Emerson, 1982). Subsequently, 

NO3
- is reduced to NH4

+, and Fe(III) oxyhydroxides are reduced to dFe(II), which occurs at or very 

near the O2/H2S interface and 10-40 m deeper in the water column than the depth of Mn cycling 

(Jacobs & Emerson, 1982). Lastly, SO4
3- is used as an electron acceptor, resulting in sulfate 

reduction and H2S production, followed by methanogenesis, the latter of which happens in surface 

sediments (Whiticar & Elvert, 2001).  

Microbial DIR of Fe(III) minerals is associated with the production of isotopically light 

Fe, as seen in anoxic sediment porewaters on the Amazon River shelf region (ca. -1.3‰ (Bergquist 

& Boyle, 2006)) and the Cape margin (-3 to -0.3‰) (Homoky et al., 2013). DIR is also suggested 

to produce the ca. -1.2‰ value seen at the oxic-anoxic interface in the Lake Nyos water column 
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(Teutsch et al., 2009). The production of light Fe is also supported by experimental results which 

demonstrate DIR of Fe(III) minerals to produce light dFe(II) (δ56Fe = -3 to -1‰) (Beard et al., 

1999; Crosby et al., 2007). DIR and dissolution are often associated with a high supply of organic 

matter (Lovley, 1991). Thus, given the high supply of organic matter to the fjord’s oxic-anoxic 

interface, and the correspondence with similar sedimentary, water column, and experimental 

results, I suggest that the δ56Fe ca. -1‰ in anoxic and Fe-rich water below the oxic-anoxic 

boundary observed in all 9 stratified profiles is consistent with DIR of sinking Fe(III) minerals and 

the production of dFe(II) that is isotopically lighter than the initial Fe(III) mineral. Another 

possibility is a contribution to the Fe maxima from advection of DIR-derived Fe from lateral 

sediments. However, lateral advection of Fe(II) from sediments is likely limited by the steep sides 

of the fjord, unlike the stratified Black Sea, which is thought to receive a greater Fe contribution 

from sediments on a broader continental shelf (Severmann et al., 2008). 

Overall, this finding supports Hypothesis 1, which predicted isotopically light Fe 

production in anoxic water due to the equilibrium fractionation during DIR of sinking organic 

matter. Previous calculations of redox potential in Saanich indicate that the Fe(III) oxyhydroxide-

Fe(II) redox couple approaches or is at equilibrium in anoxic water (Emerson et al., 1979; German 

& Elderfield, 1990). Between the coexisting reduced and oxidized phases, Fe isotopes are 

exchanged until the system reaches equilibrium, with fractionation of isotopes between phases 

dependent on the strength of the Fe bonds (Dauphas et al., 2017; Urey, 1947). Experimental culture 

studies show a 1.3‰ fractionation with bacterial DIR of ferrihydrite, leaving the dFe(II) product 

isotopically lighter (Beard et al., 1999). Similarly, bacterial oxidation of Fe(II) to Fe(III) 

oxyhydroxide results in a 1.5‰ fractionation, with dFe(II) being isotopically lighter (Croal et al., 

2004). The -1‰ fractionation reported here is smaller than a -3‰ equilibrium fractionation 
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reported between reactive Fe(II) and Fe(III) pools which coexist during DIR (Crosby et al., 2005). 

However, the exact size of this fractionation likely depends on factors such as temperature, the 

mineral in equilibrium with dissolved Fe, and the role of different microbes (Welch et al., 2003), 

with the -1‰ reported here in agreement with a number of observational studies, including the 

Black Sea (Rolison et al., 2018) and porewater examples (Fitzsimmons & Conway, 2023). 

Water above the δ56Fe minima in Saanich stratified profiles is consistently ca. 0.5-1.5‰ 

heavier, with relatively higher [O2] and lower [Fe] (with some variability in depth), which may be 

explained by Fe cycling at the redoxcline. Transformations of Fe at the oxic-anoxic interface are 

observed in fresh and marine water columns, at the sediment-water interface, and within sediments 

(Stumm & Morgan, 1995). If typical redox processes are occurring at the Saanich redox interface, 

we can assume a clear boundary between oxidizing and reducing conditions, a supply of oxidized 

particulate material to the boundary, and transport processes (i.e., eddy diffusivity) near the 

boundary, all of which result in Fe redox cycling across the boundary as described by Davison 

(1993) (Fig. 18): 

1. Oxidized particulate material 

sinks from the surface to the redox 

boundary. 

2. Fe(III)(s) is reduced to dFe(II). 

3. dFe(II) diffuses upwards. 

4. dFe(II) enters oxic water where it 

is oxidized back to Fe(III)(s). 

5. Fe(III)(s) particles sink and are reduced in anoxic water (or carried to sediments), 

thereby completing the redox cycle. 

Figure 18. Fe redox cycling. The idealized redox cycling of Fe across the oxic-

anoxic boundary in a sediment or water column  (Davison, 1993). 
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The stratified profiles generally demonstrated a consistent shift in δ56Fe from ca. -1‰ near 

130 m to ca. -0.5 to +0.5‰ near 100 m, corresponding with a decrease in [Fe] and increase in [O2] 

(Figs. 15 & 16, pgs. 42-43). I interpret this overall shift toward heavier δ56Fe above the [Fe] 

maxima/δ56Fe minima to reflect fractionation associated with oxidative precipitation, which occurs 

as dFe(II) diffuses up across the [Fe] gradient into oxic water and precipitates as Fe(III) 

oxyhydroxide. Although particles were not analyzed in this study, previous work has suggested a 

particulate Mn maximum just above the oxic-anoxic interface, which may promote precipitation 

and scavenging of Fe (Jacobs & Emerson, 1982). Oxidative precipitation and the associated change 

in δ56Fe can be described in a two-step model (Beard & Johnson, 2004). First, the oxidation of 

dFe(II) to dFe(III) leaves dFe(III) 3‰ heavier when the species are at isotopic equilibrium (Eq. 3) 

(C. Johnson et al., 2020; Welch et al., 2003). Subsequently, the precipitation of Fe(III) 

oxyhydroxides can result in a kinetic isotope effect (Eq. 4) (Skulan et al., 2002). 

 (3) 

              (4) 

It is likely that as dFe(II) in Saanich diffused up in the water column, it encountered oxic 

water and was oxidized and precipitated to Fe(III) oxyhydroxides, with δ56Fe mediated by a 

predominantly kinetic isotope effect that enriched the precipitate in light isotopes, thus leaving the 

water column ca. 0.5-1.5‰ heavier. This effect can be modelled using closed-system Rayleigh 

fractionation (Ripperger & Rehkämper, 2007) which shows that the winter and spring stratified 

profiles can be reasonably well described by a fractionation with an α of 0.99955 to 0.99980 (Eqs. 

5-6 & Fig. 19, pg. 49).  

                              δ56Feseawater = δ56Feseawater,0 + 1,000 × (𝛼 − 1) × ln(𝐹)  (5) 

                                         𝐹 =
[𝐹𝑒]

[𝐹𝑒]𝑖𝑛𝑖𝑡𝑖𝑎𝑙
   α =  

𝑅𝑝𝑎𝑟𝑡𝑖𝑐𝑙𝑒𝑠

𝑅𝑠𝑒𝑎𝑤𝑎𝑡𝑒𝑟
    R = 56Fe/54Fe  (6) 
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The ability to describe the data with a small range of α values typically points to the 

dominance of a single kinetic fractionation, although the range of possible α values observed and 

the lack of a direct transition across the oxic-anoxic interface suggest the possibility of multiple 

oxidation-reduction steps and may also be complicated by the formation of different Fe minerals, 

the role of Mn in oxidizing Fe (Davison, 1993; Ellwood et al., 2019), and the possible effect of 

FeS precipitation where [H2S] is sufficient. This closed-system model also assumes no additional 

Fe sources or loss processes, such as surface addition or biological uptake. However, the top 50 m 

of the water column was not included in this study, which should minimize these effects. Another 

complexity to establishing fractionation factors from field data over laboratory experiments is the 

fact that the operational definition of [Fe] by its nature includes nanoparticles and colloids (which 

likely include Fe(III) precipitates) as well as a range of ‘dissolved’ species, and so the δ56Fe does 

not represent only the dissolved Fe(II) or Fe(III) species present. Generally, however, the Saanich 

Figure 19. Fe isotope systematics for Saanich winter (a) & spring (b) stratified profiles. α lines representing Rayleigh 

fractionation factors drawn from the δ56Fe minimum for each profile to demonstrate the change resulting from oxidative 

precipitation of dFe(II). Only samples from above this depth are shown to exclude samples below which may be influenced 

by sulfide loss. 
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redox transition can be described by a kinetic fractionation (α between 0.99955 and 0.99980) that 

leaves the dissolved Fe relatively heavier, not lighter as would be expected from equilibrium-

dominated experiments (Bullen et al., 2001). Additionally, the α values modelled here are similar 

to the best fit α of 0.9995 reported for oxidation of soluble Fe(II) in low-Fe, oxic porewaters in the 

South Atlantic (Homoky et al., 2021). 

The δ56Fe increase in Saanich associated with the oxidative precipitation of dFe(II) across 

the redoxcline suggests the dominance of a kinetic isotope effect, similar to that reported in the 

Eastern Gotland Basin (EGB) in the Baltic Sea, a similarly stratified basin with restricted and 

anoxic bottom water (Staubwasser et al., 2013). Here, δ56Fe increases from a minimum ca. -0.4‰ 

in the ferruginous zone (depths of decreasing or no O2, steep [Fe] gradient, and RD of Fe-

oxyhydroxides (Staubwasser et al., 2013)) to heavier values above, attributed to dFe(II) oxidative 

precipitation at the oxic-anoxic interface which preferentially incorporates light Fe isotopes into 

the final Fe(III) precipitate, leaving the residual dFe(II) above the redox boundary isotopically 

heavier (Staubwasser et al., 2013). A similar δ56Fe trend is reported in the Black Sea where there 

is a δ56Fe minimum ca. -1‰ in the ferruginous zone overlain by relatively heavier values above (-

0.88 to -0.61‰) (Rolison et al., 2018). δ56Fe also increases upward across the water column oxic-

anoxic boundary in Lake Cadagno (-0.61‰ to +0.75‰) coincident with a ten-fold [Fe] decrease 

across 0.5 m, associated with oxidative precipitation as dFe(II) diffuses up, and influenced by 

anoxygenic phototrophic bacteria which may influence the overall fractionation factor by 

modifying relative reaction rates of Fe(II) oxidation and Fe(III) precipitation (Ellwood et al., 

2019). Similarly, in the San Pedro basin, oxidative precipitation of dFe(II) is dominated by a 

kinetic isotope effect which imparts a -0.8‰ fractionation factor between dFe(II) and Fe(III)(s), 

with preferential precipitation of lighter Fe isotopes as Fe(III) is removed to the particulate phase 
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(John et al., 2012).This is also reported on the anoxic Benguela shelf where δ56Fe becomes heavier 

as [Fe] decreases, also attributed to kinetic isotope fractionation during precipitation (Hunt et al., 

2022). Thus, I conclude that the positive δ56Fe trend upwards from the [Fe] maxima and into oxic 

water in Saanich stratified profiles is consistent with kinetic isotope effects dominating 

fractionation associated with dFe(II) oxidative precipitation. This confirms Hypothesis 2, in which 

δ56Fe was anticipated to increase through Fe precipitation above the oxic-anoxic boundary. 

Typically, during oxidative precipitation at equilibrium, Fe(III)(s) is expected to be 

enriched in heavy isotopes, thus leaving residual dFe lighter (Bullen et al., 2001). However, the 

natural systems described above demonstrated the opposite, with oxidation and precipitation of Fe 

to leaving residual Fe isotopically heavier consistent with the dominance of kinetic effects on 

isotopic fractionation, in which either the oxidation step proceeds to completion prior to 

precipitation (John et al., 2012) and/or the rate constant for precipitation is larger than that for 

back-reduction of dFe(III)  (Staubwasser et al., 2013). In either case, the Fe(II)-Fe(III) equilibrium 

no longer dominates fractionation, and instead kinetic effects during precipitation control the 

eventual δ56Fe of the remnant dissolved phase. In situations such as the Benguela Upwelling and 

the San Pedro Basin, where a very low δ56Fe is preserved into oxic bottom waters, and then more-

significantly fractionated (-3 to -1‰), quantitative oxidation seems likely. In the Baltic Sea and 

Saanich, where there is a large [Fe] gradient and a more muted change in δ56Fe (smaller 

fractionation factor), a faster rate constant for precipitation compared to the back reaction may be 

more likely (Staubwasser et al., 2013). Additionally, the exact fractionation factor depends on the 

specific Fe(III) minerals involved. Further, organic-complexation of the remnant dissolved Fe(III) 

could play a role in driving remnant Fe isotopically-heavier, with strong Fe-binding ligands 

thought to preferentially bind heavier isotopes (Dideriksen et al., 2008). 
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3.8.2 Fe Isotope Fractionation Associated with Sulfide Formation  

Studies of other anoxic basins demonstrate similar overall shifts in δ56Fe, [H2S], and [Fe] 

in anoxic water, as those seen in Saanich, all of which have been attributed to the formation of Fe 

sulfide minerals. For example, the Black Sea demonstrates a more than 3‰ δ56Fe gradient 

corresponding with a two orders of magnitude decrease in [Fe], resulting in bottom water (>200 

m) with [H2S] exceeding 400 mol kg-1 and heavy δ56Fe (> +2‰) (Fig. 20,) (Rolison et al., 2018). 

Here, the formation of Fe sulfides is suggested to be the main driver of Fe removal and δ56Fe 

increase in the euxinic layer as light Fe isotopes are preferentially lost from solution with a kinetic 

fractionation, with pyrite thought to be the dominant form of Fe sulfide precipitating in the water 

column (Landing & Lewis, 1991; Lewis & 

Landing, 1991; Rolison et al., 2018). The +2.75‰ 

fractionation factor between dFe(II) and FeS2 

(residual dFe(II) is 2.75‰ heavier) inferred for the 

Black Sea and attributed to syngenetic pyrite 

formation (Rolison et al., 2018) is similar to the 

fractionation factor experimentally determined for 

pyrite precipitation (ca. +3.1‰) which is suggested 

to be controlled by a unidirectional kinetic process 

(Guilbaud et al., 2011). Similarly, Lake Cadagno 

demonstrates an increase in δ56Fe at the bottom of 

the water column corresponding with a ca. 100 uM [H2S] increase and a ca. 0.3 uM [Fe] decrease 

(Ellwood et al., 2019), with Fe sulfide formation suggested to occur at the depth where δ56Fe and 

Figure 20. [O2], [H2S], salinity, [Fe], & δ56Fe in the Black 

Sea. The large positive δ56Fe shift in sulfidic deep water 

is interpreted to reflect isotopic fractionation associated 

with pyrite formation (Rolison et al., 2018).  
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[H2S] increase (Canfield et al., 2010). Kinetic and equilibrium models of δ56Fe measurements in 

Lake Cadagno produce fractionation values of around -0.3‰, which is smaller than in the Black 

Sea, but similar to the equilibrium fractionation factor of -0.3‰ between dFe(II) and mackinawite 

(FeS), a precursor to pyrite (Wu et al., 2012).  

The interpretation of isotopic fractionation factors associated with Fe sulfide formation is 

complicated by the convoluted mechanism of pyrite precipitation, which occurs through different 

pathways which may impart unique fractionations with a large range of δ56Fe associated with 

pyrite formation (-4 to +4‰) (Mansor & Fantle, 2019; Rolison et al., 2018). Pyrite formation 

involves slow pyrite nucleation followed by faster crystal growth, with dissolution of a precursor 

mineral leading to the formation of an intermediate aqueous Fe sulfide complex, and reaction with 

H2S or polysulfide to form pyrite (Rickard & Luther, 2007; Rolison et al., 2018). The small, yet 

consistent increase in δ56Fe below the [Fe] maxima among Saanich stratified profiles may point to 

Fe sulfide formation occurring in the anoxic water column where H2S is present, especially 

considering the corresponding [Fe] decrease across the same region, which may suggest removal 

of dFe from the water column and into the Fe sulfide mineral.  

Saanich Inlet sediments are jet black, indicating the presence of iron sulfides (Murray et 

al., 1978). All 9 stratified profiles were characterized by Fe- and H2S- rich water in the anoxic 

water column, hypothetically allowing for the reaction of dFe(II) with H2S to form Fe sulfides. If 

a similar mechanism of pyrite formation occured in Saanich as that in the Black Sea, pyrite 

precipitation in the water column would preferentially remove light Fe isotopes from solution, 

leaving the water column enriched in heavier isotopes (Rolison et al., 2018). There was indeed a 

small, but consistent enrichment in relatively heavy Fe in the sulfidic bottom water of the stratified 

Saanich profiles. Each of the stratified profiles increase from ca. -1‰ near the [Fe] maximum for 
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the given profile to -0.98 – -0.72‰ for the deepest samples (160- 180 m) (typically a δ56Fe increase 

of 0.11- 0.37‰), which generally coincided with an increase in [H2S], and a decrease in [Fe]. This 

difference is smaller than the 2.75‰ fractionation for pyrite formation in the Black Sea, but closer 

to the fractionation factor of 0.3‰ between dFe(II) and mackinawite experimentally determined 

(Wu et al., 2012), and that attributed to the δ56Fe trend in Lake Cadagno, suggesting that the δ56Fe 

trend in Saanich may reflect mackinawite formation rather than pyrite formation, especially as the 

Lake Cadagno study was interpreted to reflect mackinawite as the main FeS formed in the presence 

of sulfate reducing bacteria (Ellwood et al., 2019), which would be consistent with the active 

production of H2S in the anoxic waters of Saanich. However, as the change in [Fe] with depth 

varied through the time series (with little concomitant change in δ56Fe), the decline in Fe cannot 

be modelled by a simple closed system Rayleigh fractionation. Further, H2S never reached as high 

of concentrations as in the Black Sea or Lake Cadagno. However, the presence of micro-particulate 

or colloidal sulfide minerals might act to obscure a simple fractionation between dissolved and 

particulate phase.  

In summary, the consistent increase in δ56Fe in sulfidic Saanich deep water may reflect the 

formation of Fe sulfides, especially as [Fe] also decreased, suggesting a potential removal to 

FeS(s), though evidence for this is less clear and equivocal than in other basins with elevated [H2S]. 

However, given the intricacies of isotopic fractionation associated with pyrite formation and a lack 

of particulate samples, this cannot be concluded with certainty. Overall, Hypothesis 3 correctly 

predicted heavier δ56Fe values in sulfidic water, however whether this can be attributed to pyrite 

formation remains unclear. It is also possible that a flux of heavier Fe from sediments or reduction 

of different Fe minerals in the water column with slightly different reduction fractionation factors 

could contribute to this change. Additional characterization of Fe sulfide minerals in Saanich 
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sediments and measurement of δ56Fe of particulate Fe in sediments and the water column may 

provide more insight on this matter.  

 

3.8.3 Fe Isotope Fractionation Associated with Renewal Events 

During the renewal season (4 and 18 Oct 2016), the δ56Fe profiles were moderately 

homogenous (ca. -0.3‰) under low [Fe] conditions throughout the water column, except for 

deviations at an isolated depth (130 m) (Fig. 13, pg. 38). The δ56Fe minima for both profiles were 

sandwiched between regions of isotopically heavier water above and below: above the δ56Fe 

minima, δ56Fe increased by 1.49‰ (4 Oct) and 1.22‰ (18 Oct), and below the δ56Fe minima, δ56Fe 

increased by 0.82‰ (4 Oct) and 0.86 ‰ (18 Oct). The δ56Fe minima were both associated with 

[Fe] maxima, which were similarly sandwiched between low [Fe] (<25 nmol kg-1) above and 

below.  

The October profiles both reflect a water column recovering from the September renewal 

season, which introduced new water first closer to the surface, followed by a subsequent intrusion 

of new water near the bottom of the water column. As oxic water entered Saanich and mixed with 

anoxic water, any Fe(II) was likely oxidized and precipitated, leaving the water column Fe depleted 

and isotopically heavier than the δ56Fe minima. The “sandwich” of high [Fe] and light δ56Fe 

between relatively lower [Fe] and heavier δ56Fe corresponds well with the layering effect described 

by Soetaert et al. (2022) in which Saanich contains layers of water masses, each containing 

different proportions of old and new water due to density differences. Thus, the isolated region of 

both October profiles reflects remnant water column characteristics for that depth (130 m) and was 

underlain by a layer of new water introduced during renewal events which delivered oxygen below 

the oxic-anoxic boundary, which was then slowly consumed. Each profile seems to have captured 
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a water column returning to normal stratified conditions, with high [NO3
-] below the oxic-anoxic 

boundary suggesting that respiration had not yet consumed all O2 and NO3
- introduced in the 

renewal before reaching the point of DIR, as indicated by the low [Fe] and elevated δ56Fe 

remaining in deep water in both cases. 

In both profiles, the transition in δ56Fe from the older remnant water to the surrounding 

low-Fe water was in the positive direction (-1.05‰ to -0.44 and -0.23 for 4 Oct and -1.06 to -0.20 

and +0.16‰ for 18 Oct) suggesting the influence of oxidative precipitation that left remnant 

dFe(II) isotopically heavier, similar to the δ56Fe trend seen in stratified profiles with transition into 

the oxic upper water column (Figs. 15 & 16, pgs. 21-43). The question then is, do the transitions 

between the high Fe pocket and surrounding water reflect a transition between two unconnected 

layers, or is there indeed fractionation at each interface? Evidence for such a kinetic fractionation 

is found from 11 Oct, where the +0.16±0.06 and -0.20±0.06 ‰ are heavier than the next samples 

(-0.15±0.06 and -0.34±0.06 respectively), something that must involve a fractionation compared 

to background. Further, the transition both above and below the high Fe water in both profiles can 

be well described by α of 0.9997 (4 Oct) and 0.99962 (18 Oct), comparing well with the 

fractionation factors calculated across the stable redoxcline (0.99955-0.99980; Fig 19, pg. 49), 

suggesting a similar effect. 

The November profiles generally show lower [Fe], but the 15 Nov profile shows a more 

muted [Fe] maxima at 130 m (16 nmol kg-1) with isotopically light Fe (-0.55‰). Interestingly, like 

the October profiles, apparent fractionation in water below can be modelled by an α of 0.99965; 

however, the shift from -0.55‰ to +0.70‰ from 130 to 120 m would require a much larger α of 

0.9988. Such a large α could indicate a different fractionation process, such as quantitative 

oxidation followed by precipitation, rather than a mix of oxidation and precipitation as inferred for 
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the lower [Fe] conditions of the San Pedro basin compared to the Baltic Sea (Staubwasser et al., 

2013). However, this observation is only based on one data point, which while has no obvious 

analytical concerns, could still be an anomaly.  

 

3.8.4 Fe Isotopes as a Paleoredox Proxy 

The change in Earth’s oxidation state associated with oxygenation of the atmosphere ca. 

2.3 Ga during the GOE (Holland, 2006) is assumed to have significantly altered Fe redox chemistry 

and isotopic composition. δ56Fe measurements of marine sediments indicate as such, with δ56Fe of 

Fe sulfides in black shales being generally isotopically light δ56Fe (-3.5 to +0.5‰) before 2.3 Ga 

and the rise of atmospheric O2, (Fig. 21, pg. 58) which may reflect DIR (Rouxel et al., 2005) which 

utilized photochemically generated Fe(III), which was likely an important electron acceptor for 

microbial respiration during the Archean (Cairns-Smith et al., 1992; Vargas et al., 1998). Planavsky 

et al., (2012) suggest that pre-GOE deposits record the partial oxidation of Fe(II) under low-Fe 

conditions (whereas near quantitative oxidation is inferred in younger deposits), which led to 

deposition of Fe formations and Fe-rich sediments enriched in heavy isotopes in the deep ocean, 

leaving isotopically light Fe to precipitate as Fe sulfides on continental margins, as reflected in 

pyrites in black shales (Rouxel et al., 2005). However, the origin of this negative δ56Fe signature 

in Archean pyrite remains disputed (Rolison et al., 2018).  

Light δ56Fe values disappeared as atmospheric O2 increased, leading to heavier δ56Fe (-0.3 

to +1.2‰) which persisted through ca. 1.7 Ga, and is interpreted to reflect oxidation in the early 

Paleoproterozoic (Rouxel et al., 2005). The disappearance of light δ56Fe in the black shale record 

ca. 2.3 Ga corresponds with the disappearance of BIFs (BIFs eventually return around 2.1 Ga (Isley 

& Abbott, 1999)). The increase in atmospheric oxygen ca. 2.3 Ga led to oxidative weathering and 
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thus sulfate delivery to the ocean, which allowed for Fe sulfide formation, which may have 

interrupted BIF deposition (Canfield, 1998). Thus, the heavier δ56Fe values after the GOE may 

indicate an increased influence of sulfide precipitation in a redox-stratified ocean (Rouxel et al., 

2006). 

The δ56Fe measurements in 

this study demonstrate isotopic 

fractionation in a water column that 

transitions between oxic, anoxic, and 

euxinic conditions. Similarities 

between the chemistry of the Saanich 

Inlet anoxic water column and that of 

the anoxic, Fe-rich, pre-GOE ocean 

(Poulton & Canfield, 2011) make 

Saanich a useful analogue to Precambrian ocean conditions, and water column δ56Fe 

measurements presented here likely reflect similar fractionation that occurred during this time. 

Importantly, my results contribute to the marine literature which show that kinetic fractionations 

may be more important in driving residual oceanic δ56Fe than previously assumed in earlier paleo 

studies (Beard & Johnson, 1999). Thus, while DIR may generate very low δ56Fe in as reported in 

Archean Fe deposits, the subsequent δ56Fe transformations upon precipitation/deposition and 

further reaction of Fe in ancient sediments remains unclear, with the accuracy of the assumption 

of sedimentary δ56Fe acting a passive recorder of seawater conditions (Rolison et al., 2018) 

remaining somewhat ambiguous. 

Figure 21. δ56Fe vs. sample age for pyrite. Anbar & Rouxel (2007) divide the 

ancient marine Fe cycle into three stages based on trends in δ56Fe. Stage 1 is 

characterized by lighter values, which increase to more crustal/heavy values 

in stage 2 and 3. 
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Overall, my δ56Fe measurements have contributed to our understanding of isotopic 

fractionation associated with redox changes by demonstrating the importance of including both 

equilibrium and kinetic fractionation factors in interpretations of the sedimentary rock record, and 

thus may inform future studies seeking to further constrain the meaning of δ56Fe in Archean Fe 

deposits and how it may record marine redox changes associated with atmospheric oxygenation.  

 

3.9 Conclusions 

A time series of dissolved [Fe] and δ56Fe from October 2016 through April 2017 in Saanich 

Inlet was presented. Saanich is a redox stratified fjord with dynamic redox conditions which have 

made it a classically studied anoxic basin. In summer and fall, the inlet is flushed with dense water 

which is a product of estuarine circulation in the Salish Sea. Such renewal events deliver oxygen-

rich water to the inlet, disrupting the typical stratification between the oxygenated upper water 

column and anoxic water below, which provides a unique setting in which to explore redox 

sensitive trace metals like Fe. During the renewal season (Oct- Nov), [Fe] and δ56Fe profiles 

demonstrated a layering of renewal water with anoxic water, with a consistent δ56Fe ca. -0.3‰ 

background surrounding layers of isotopically light (-1‰) high [Fe] water. Following the renewal 

season, stratification of the water column was established (Dec- April), with oxic, Fe-depleted 

surface water separated from anoxic, Fe-rich deep water. Anoxic water had δ56Fe minima (-1‰) 

associated with [Fe] maxima, attributed to equilibrium redox fractionation associated with the 

reduction of Fe during microbial respiration of organic matter. An upward increase in δ56Fe and a 

decrease in [Fe] up across the oxic-anoxic boundary suggests fractionation associated with the 

oxidative precipitation of Fe(II) as Fe diffuses upward across the boundary, whereas an increase 

in δ56Fe below the δ56Fe minimum corresponding with an increase in [H2S] may reflect 
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fractionation associated with Fe sulfide formation. In Saanich, fractionation during oxidative 

precipitation appears to be dominated by kinetic effects during precipitation and can be modelled 

by closed system Rayleigh fractionation with an a of 0.99955 to 0.9998, similar to findings from 

other modern marine anoxic basins. Overall, my results indicate the importance of considering 

both equilibrium and kinetic isotope effects in interpretation of δ56Fe measurements and changes 

throughout both the modern global ocean and in the past marine sediment record for an 

understanding of the Earth’s redox changes through time. Additional inquiry in similar anoxic 

basins, measurement of particulate δ56Fe, and precipitation/mixing experiments would help to 

further improve interpretation of isotopic fractionation associated with Fe redox transformations. 
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Table 2. O2, NO3
-, Fe, and H2S concentrations and δ56Fe for the SaanDox time series. 

 
Depth 

(m) 

[O2] 

𝝁mol kg-1 

[NO3
-] 

𝝁mol kg-1 

[Fe] 

nmol kg-1 

δ56Fe 

(‰) 
2SE 

[H2S] 

𝝁mol L-1 

Oct 4 

2016 

65 85.67 23.13 5.13 -0.33 0.05 0 

75 23.49 23.03 4.13 -0.22 0.04 0 

100 2.1 16.48 4.05 -0.39 0.04 0 

110 1.24 4.29 22.04 -0.44 0.06 0 

130 1.69 0.5 113.62 -1.05 0.02 0 

145 1.11 5.51 7.79 -0.23 0.03 0.1 

160 1.47 11.92 4.06 -0.21 0.04 0 

175 2.87 0 3.77 -0.16 0.05 0.39 

185 2.64 0 4.47 -0.32 0.05 0.03 

200 1.27 0 4.98 -0.30 0.05 0.56 

Oct 18 

2016 

75 76.97 26.31 8.74 -0.51 0.03 0 

100 1.11 6.99 11.51 -0.15 0.03 0 

110 1.13 8.68 5.87 0.16 0.04 0 

130 1.65 0 416.96 -1.06 0.04 11.67 

140 10.4 8.64 11.44 -0.20 0.03 0 

160 30.25 12.59 5.04 -0.34 0.04 0 

170 11.55 12.35 4.27 -0.41 0.05 0 

200 1.09 2.49 3.96 -0.58 0.04 0 

Nov 1 

2016 

75 96.57 24.84 4.06 -0.21 0.04 0 

85 19.39 21.9 4.64 -0.30 0.05 0 

100 2.76 7.97 9.21 -0.15 0.03 0 

110 0.78 0 8.10 0.18 0.04 0.04 

120 1.15 5.18 8.00 0.15 0.03 0 

130 0.9 0 7.47 -0.04 0.04 0 

150 1.6 8.31 4.38 -0.19 0.03 0 

160 1.72 10.38 4.48 -0.30 0.05 0 

175 1.04 0 4.47 -0.37 0.04 0.01 

200 1.33 2.52 5.94 -0.33 0.03 0 
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Table 2 (Continued) 

 

 
Depth 

(m) 

[O2] 

𝝁mol kg-1 

[NO3
-] 

𝝁mol kg-1 
[Fe] 

nmol kg-1 

δ56Fe 

(‰) 
2SE 

[H2S] 

𝝁mol L-1 

Nov 15 

2016 

50 132.27 23.96 8.66 -0.25 0.06 0 

60 123.85 25.98 8.41 -0.21 0.03 0 

75 107.89 27.51 5.68 -0.11 0.04 0 

90 1.94 19.04 4.26 -0.13 0.04 0 

100 1.87 7.87 6.22 0.20 0.04 0 

110 2.54 8.11 4.57 0.03 0.05 0 

120 1.66 0 5.99 0.70 0.04 0.14 

130 1.12 0.84 16.13 -0.55 0.04 0 

160 1.54 6 4.94 -0.14 0.05 0 

190 1.25 0 5.88 -0.23 0.05 1.05 

Dec 15 

2016 

50 201.39 24.95 28.89 -0.24 0.03 0 

75 78.99 0 13.96 -0.58 0.04 0 

90 1.91 0 9.75 -0.24 0.05 0.23 

95 1.71 0 28.15 -0.62 0.05 0.99 

100 3.68 0 144.84 -1.04 0.04 1.06 

105 3.06 0 276.25 -1.10 0.03 3 

110 2.5 0 316.58 -1.15 0.04 7.24 

115 2.52 0 68.78 -1.04 0.04 3 

130 3.8 0 141.79 -0.98 0.04 1.42 

160 2.32 0 84.38 -0.98 0.04 0.49 

Jan 4 

2017 

50 192.96 0 11.13 -0.12 0.04 0 

75 186.11 25.17 9.53 -0.24 0.03 0 

85 73.27 0 10.73 -0.52 0.05 0 

90 31.87 0 18.90 -0.50 0.04 0 

100 1.5 0 149.55 -1.13 0.05 1.43 

110 2.8 0 371.28 -1.22 0.05 4.85 

120 2.29 0 182.05 -1.02 0.04 1.35 

130 2.47 0 193.46 -0.83 0.04 2.05 

160 1.96 0 114.32 -0.85 0.07 1.88 

180 1.95 0 208.32 -0.80 0.05 7.2 

 

 

 



 63 

Table 2 (Continued) 

 
Depth 

(m) 

[O2] 

𝝁mol kg-1 

[NO3
-] 

𝝁mol kg-1 
[Fe] 

nmol kg-1 

δ56Fe 

(‰) 
2SE 

[H2S] 

𝝁mol L-1 

Jan 17 

2017 

50 218.83 26.89 11.70 -0.20 0.05 0 

75 173.65 24.74 16.23 -0.31 0.07 0 

85 161.55 22.79 13.94 -0.07 0.08 0 

90 143.15 20.96 13.78 -0.06 0.08 0 

95 71.44 0 11.05 0.06 0.05 0 

100 5.63 0 32.01 -0.71 0.05 0 

110 3.55 0 226.56 -1.18 0.04 4.17 

130 1.41 0 294.51 -1.02 0.04 5.34 

160 2.2 0 255.94 -0.82 0.05 4.35 

180 1.69 0 238.90 -0.81 0.05 12.17 

Jan 31 

2017 

75 184.43 26.48 9.50 0.05 0.07 0 

85 140.93 24.3 11.54 0.16 0.07 0 

90 46.08 14.74 10.83 -0.17 0.06 0 

95 14.43 7.43 13.23 0.06 0.07 0 

100 1.4 1.66 15.29 0.13 0.07 0 

110 3.23 0 350.86 -1.10 0.04 8.71 

130 2.12 0 271.39 -1.02 0.04 4.37 

160 1.9 0 254.04 -0.87 0.05 5.77 

Feb 15 

2017 

50 233.37 18.14 14.13 -0.17 0.07 0 

90 132.34 11.83 12.24 -0.11 0.08 0 

95 85.77 11.79 10.11 0.21 0.04 0 

100 36.13 7.34 31.09 -0.65 0.05 0 

105 3.44 1.63 23.61 -0.14 0.07 0 

110 2.3 0 209.34 -1.10 0.04 2.68 

130 2.72 0 273.02 -1.02 0.04 4.96 

160 1.74 0 297.89 -0.83 0.02 10.98 

Mar 1 

2017 

50 226.07 21.99 15.70 -0.26 0.05 0 

75 197.48 22.61 7.38 -0.14 0.04 0 

85 152.63 14.82 5.61 -0.07 0.03 0 

90 85.03 16.35 5.42 -0.02 0.04 0.46 

95 59.63 10.53 6.34 -0.14 0.03 0 

100 23.09 8.88 7.32 -0.08 0.03 0 

105 2.57 1.32 9.60 -0.17 0.04 0 

110 2.11 0 81.13 -0.96 0.03 0.29 

130 2.35 0 482.73 -0.96 0.05 10.24 

160 1.59 0 260.06 -0.85 0.04 6.96 
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Table 2 (Continued) 

 
Depth 

(m) 

[O2] 

𝝁mol kg-1 

[NO3
-] 

𝝁mol kg-1 

[Fe] 

nmol kg-1 

δ56Fe 

(‰) 
2SE 

[H2S] 

𝝁mol L-1 

Mar 15 

2017 

50 230.61 25.8 7.67 -0.39 0.04 0 

75 231.71 23.41 10.37 -0.41 0.05 0 

85 179.05 23.36 8.43 -0.31 0.04 0 

90 112.41 17.96 7.01 -0.12 0.04 0 

95 70.49 14.39 5.47 -0.06 0.04 0 

100 36.44 10.23 13.59 -0.51 0.05 0 

105 4.65 5.79 8.02 -0.05 0.09 0 

110 1.97 0.29 15.70 -0.34 0.04 0 

130 2.37 0 266.72 -1.09 0.05 5.53 

160 2.15 0 262.17 -0.80 0.04 6.79 

Mar 29 

2017 

50 222.69 26.63 7.30 -0.12 0.05 0 

75 198.39 18.77 7.52 -0.20 0.07 0 

85 161.8 23.92 5.49 -0.08 0.03 0 

90 100.92 19.3 5.13 -0.14 0.05 0 

95 25.28 14.96 6.01 -0.03 0.07 0 

100 21.65 9.77 13.97 -0.42 0.06 0 

105 10.88 9.24 6.04 -0.18 0.05 0 

110 2.83 2.85 7.54 0.32 0.04 0 

130 1.74 0 297.72 -0.91 0.02 4.16 

160 1.59 0 294.49 -0.72 0.03 11.06 

Apr 27 

2017 

50 228.71 18.32 8.56 -0.32 0.05 0 

75 206.52 25.5 6.94 -0.27 0.04 0 

85 162.62 25.45 5.60 -0.13 0.03 0 

90 111.2 18.99 7.24 -0.08 0.04 0 

95 30.78 18.7 5.84 -0.06 0.05 0 

100 17.28 14.01 6.20 -0.22 0.03 0 

105 2.69 4.44 13.76 0.35 0.03 0 

110 2.81 1.99 6.52 -0.08 0.04 0 

130 0.94 0 401.56 -1.15 0.03 10.18 

160 2 0 527.44 -0.86 0.03 13.69 
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